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Abstract
The oxygen isotope composition of water extracted from Martian meteorites
appears not to be in isotopic equilibrium with the silicate portion of the meteorites. This
disequilibrium suggests the existence of multiple distinct oxygen isotope reservoirs on
planet Mars. Here we present oxygen isotope measurements of waters extracted from
Martian shergottites Tissint, Zagami and NWA-7042 and from nakhlite NWA-10153. These
waters were extracted by stepwise heating to preserve segregation between low
temperature adsorbed waters, intermediate temperature mineral waters and the high
temperature mineral structural OH groups. The results of our study, analyzed
cooperatively with previous work by Karlsson et al., (1992) and Agee et al., (2013), show
that two isotopically distinct water reservoirs exist on Mars. The isotopic influence of these
two reservoirs is preserved in two distinct groups of Martian meteorites. Martian
shergottites preserve the isotopic composition of Martian mantle waters while nakhlites
and Chassigny preserve a contribution from a reservoir elevated in 17O. The presence of
low temperature aqueous alteration minerals in nakhlites and Chassigny suggests that the
elevated 17O component is sourced from Martian near-surface waters. Based on oxygen
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isotope measurements of

17

O enriched waters extracted from Martian meteorites we

propose that the Martian near-surface waters must have a Δ’17O of at least 0.89‰ or
greater.
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1. Introduction and Background Information
1.1 Introduction
The presence of water in Martian meteorites provides a unique glimpse into the
evolution of water on Mars. Previous studies (Karlsson et al., 1992; Agee et al., 2013;
Ziegler et al., 2013) have shown that the oxygen extracted from water in Martian meteorites
is not in isotopic equilibrium with the bulk silicate rock phases. This disequilibrium
suggests that isotopically different reservoirs of oxygen exist on Mars. It has been proposed
(Karlsson et al. 1992; Agee et al., 2013) that the mantle, lithosphere, hydrosphere and
possibly the atmosphere represent isotopically distinct oxygen reservoirs on Mars, but no
end member compositions have been suggested. Studies of hydrous minerals within
Martian meteorites have produced a range of hydrogen isotope values from δD of -150 to
4300‰ (Usui et al., 2012). This further supports the possibility that Martian meteorites
preserve a history of interaction with different Martian water reservoirs.
In this study, we analyzed the oxygen isotope composition of water extracted from
Martian shergottites Tissint, Zagami and NWA-7042 and one nakhlite, NWA-10153.
These meteorite samples were generously provided by the Institute of Meteoritics,
University of New Mexico (Tissint, Zagami and NWA-10153) and by The Royal Ontario
Museum, Toronto (NWA-7042). To facilitate these analyses a specialized water extraction
and fluorination line was built at the Center for Stable Isotopes, University of New Mexico.
The design of this specialized line was based on work by Karlsson et al. (1992) and O’Neal
and Epstein (1966). Certain design modifications were added in this study to improve
performance. Oxygen released by fluorination was extensively purified prior to analysis.
1

The oxygen purification line used in this work followed the design of Sharp et al, (1996).
The water was extracted from the samples using a stepwise heating technique. This allowed
for the extraction of water over different temperature ranges to preserve segregation
between absorbed water, low temperature mineral water and high temperature mineral
hydroxyl groups.
Extensive work was done on terrestrial samples to standardize the rock-water
oxygen isotope ratio measurement technique. First the method of water fluorination using
BrF5 was used to make high precession measurements of the oxygen isotope composition
of Vienna Standard Mean Ocean Water (VSMOW) and Standard Light Antarctic
Precipitation (SLAP) water standards. These measurements were then used to do a
VSMOW/SLAP scale calibration of the instrumentation and to calibrate the in-house
laboratory water and silicate standards. To calibrate rock-water extraction, several
terrestrial samples were analyzed. Water extracted from terrestrial basalt, metasomatized
peridotite and serpentinite was routinely fluorinated and measured relative the VSMOW.
Oxygen isotope analyses of the water extracted from these terrestrial samples showed that
water extraction by heating was a highly kinetic process and an appropriate fractionation
slope for calculating 17O surplus was determined based on terrestrial measurements.
An experiment to evaluate the effect of terrestrial moisture contamination on
Martian samples was conducted. Aliquots of terrestrial rock-water standards were placed
in a sealed environment containing isotopically enriched (17O and

18

O) moisture and

allowed to exchange for one year at room temperature. After one year, the “contaminated”
samples were extracted and the oxygen isotope composition of the water within the samples
was measured. This experiment showed the degree of possible terrestrial contamination to
2

the different rock-water reservoirs (absorbed or low/high temperature structural).
Experiments to negate the effects of the contamination were also carried out.
This work is a culmination of all these various experiments and the data which was
produces. All the technical aspects of the experimental systems as well as the methods are
described in detail in the following chapters. Oxygen isotope composition data of water
from Martian meteorites, collected during this work, is presented cooperatively with
previous work done on the subject by Karlsson et al. (1992) and Agee et al. (2013). This
approach is essential since meteorite water measurements are difficult to make and require
a very large sample size.
1.2 Background Information
1.2.1 Water on Mars
1.2.1.1 At the present

Surface water on Mars exists in the atmosphere, surface regolith and the polar ice
caps (Kuzmin et al., 2007). The atmosphere of Mars is estimated to have a water vapor
partial pressure of about 10-3 mbar (<0.1 wt%), about 104 times less than Earth (Jakosky
and Phillips, 2001). Because average temperatures on Mars are bellow 273 K and the
atmospheric pressure is at, or below the triple point of water, it is not likely that any
permanent liquid water exists on the surface of Mars today (Malin and Edgett, 2000). In
areas along the equator where temperatures rise above 273 K liquid water could exist as a
transient phase but would quickly evaporate into the dry atmosphere to eventually freeze
out at colder high latitudes (Jakosky and Phillips, 2001). Analysis of Martian surface
amorphous component (Martian dust) at Rocknest by the SAM (Sample Analysis at Mars)
3

instrument aboard the Curiosity rover show H2O content between 3 and 6 wt% (Leshin, et
al., 2013).
Measurements of the hydrogen content in the subsurface soils made by the Mars
Odyssey neutron spectrometer indicate the presence of up to 8 wt% H2O in some low
latitude regions of the Martian surface (Feldman et al., 2004). Similarly, data from the
Curiosity rover shows subsurface water content of as much as 4 wt% (Mitrofanov et al.,
2013; Hardgrove et al., 2013). Subsurface orbital and rover measurements are limited to
the upper ½ meter or less of the Martian surface. Because of this limitation, no constraint
has been placed on the amount of water in the crust of Mars. The Martian crust could
contain liquid water and this crustal water likely undergoes exchanges with surface regolith
and atmospheric H2O (Jakosky and Phillips, 2001).
The mantle of Mars is another key reservoir of water. It has been proposed that the
Martian mantle could have H2O concentrations equivalent to that of the mantle of Earth
(Trieman, 1985; Johnson et al., 1991; McSween et al., 2001; McCubbin et al., 2012; Gross
et al., 2013). Based on experimental results for water partitioning into olivine and its highpressure polymorphs wadsleyite, ringwoodite and bridgemanite (Inoue et al., 2010) the
upper level estimate for the H2O content of the Martian mantle could be as high as 1 wt%.
Alternatively, a low Martian mantle water content of 1-36 ppm has also been suggested
(Dreibus and Wänke, 1987; Wänke and Dreibus, 1988; Filiberto and Treiman, 2009). In
any case, the Martian mantle is a key component in the study of water on Mars.

1.2.1.2 In the past
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The geologic history of Mars is divided into three periods: The Nochian, Hesperian
and the Amazonian (Carr, 2012). These periods are primarily defined by the degree of
surface cratering and the relative age of such events determined by cratering chronology
(Hartmann and Neukum, 2001). The Nochian is a period of heavy meteorite bombardment
of Mars and ranges from 4.6 to 3.7 Ga (Hartmann and Neukum, 2001). The Hesperian
period ranges from 3.7 to 2.9 Ga and the Amazonian is from 2.9 Ga to the present
(Hartmann and Neukum, 2001).
Bibring et al., (2006) defined the geologic history of Mars in terms of
mineralogical epochs based on global mineralogical mapping of Mars done by the
OMEGA instrument on board the European Space Agency’s Mars Express spacecraft. This
mineralogical approach to defining the geological history of Mars is ideal for this study
because the index mineral assemblages are often directly related to the history of water on
the surface of Mars. Figure 1.1 shows how the mineralogical epochs defined by Bibring et
al., (2006) correlate to the crater
chronology based geologic history of
mars. Bibring et al., (2006) divide
the history of Mars into three
mineralogical epochs, the phyllosian
(4.6-4.1 Ga), theiikian (3.8-3.5 Ga)
and siderikian (3.5 Ga to present).

Figure 1.1. Geologic history of Mars with mineralogical
epochs defined by Bibring et al. (2006). Figure from Bibring
et al. (2006)

Phyllosian is defined by the presence of phillosilicates (clays) and carbonate
deposits, which are a record of nonacidic aqueous alteration (Bibring et al., 2006). The
formation of phillosilicates and carbonates would have required a dense atmosphere
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capable of sustaining liquid water at the surface of Mars (Chauffray et al., 2007). It has
been proposed that most of this early Martian surface water was lost to space due to heavy
meteorite bombardment and hydrodynamic escape (Jakosky and Phillips, 2001). Similarly,
much of the early atmosphere of Mars was also removed by the heavy meteorite
bombardment and hydrodynamic escape during the phyllosian era (Chauffray et al., 2007).
After the phyllosian, during the Middle to late Noachian (4.1 to 3.8 Ga), the
outgassing of the Tharsis volcanoes (Phillips et al., 2001; Anderson et al., 2001) may have
created a secondary atmosphere capable of sustaining liquid water (Jakosky and Phillips,
2001). Many of the valley networks in the vicinity of the Tharsis rise have been observed
to preferentially follow the slopes that resulted from the heavy loading of the lithosphere
due to the formation of Tharsis volcanic pile (Jakosky and Phillips, 2001). This indicates
that a significant amount of liquid water existed on the surface of Mars after the
emplacement of the Tharsis rise in the late Noachian (Phillips et al., 2001). The end of the
Noachian is marked by the loss of the Martian magnetic field which made it possible for
the solar wind to strip away most of the Martian atmosphere (Jakosky and Phillips, 2001;
Chauffray et al., 2007).
The theiikian era (3.8-3.5 Ga) is characterized by the presence of sulfates, which
formed as acidic aqueous alterations (Bibring et al., 2006). During this time, any
contribution to the atmosphere of Mars from outgassing was likely countered by solar wind
removal (Jakosky and Phillips, 2001). Therefore, an atmosphere of a density like that of
the early Noachian could not form. However, there is evidence of catastrophic flood events
that date back to the late Hesperian (Tanaka et al., 2005). These events are preserved in the
form of colossal outflow channels, most of which are found around the Chryse basin in the
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Northern Hemisphere (Carr, 2012). Several mechanisms have been proposed for the
formation of outflow channels on Mars. Most of these mechanisms advocate for some form
of tectonic interactions with groundwater reservoirs (Carr, 1979; Hanna and Phillips, 2005;
Andrews-Hanna and Phillips, 2007).
The siderikian is characterized by ferric oxides likely produced by atmospheric
aqueous-free alteration (Bibring et al., 2006). The siderikian era starts prior to and spans
the entire range of the Amazonian period (Bibring et al., 2006) and represents Martian
surface conditions that are like what is observed on Mars at the present.

1.2.2 Martian Meteorites

Martian meteorites are an invaluable resource in our efforts to understand the planet
Mars. Laboratory analysis of Martian meteorites provides us with geochemical and
mineralogical data of greater detail than what can currently be achieved with robotic
missions. In some cases, such laboratory work is key to understanding the data returned
from robotic missions.
Except for Allan Hills (ALH)84001 and the basaltic breccia NWA 7034 all other
Martian meteorites are classified as shergottites, nakhlites and chassignites (the SNC
meteorite group). The classification of Martian meteorites is based on the mineralogy and
rock type.
Shergottites are the most common type of Martian meteorite. Shergottites are
subdivided into basaltic, lherzolitic, olivine-phyric and olivine-orthopyroxene-phyric
groups based on petrography and chemical composition (McSween and Treiman, 1998;
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Goodrich, 2002; Irving, 2012). Shergottites are also classified as depleted, intermediate
and enriched based on their rare-earth element (REE) composition. Based on variability in
the REE composition of shergottites it has been proposed that different silicate reservoirs
must exist on Mars (Borg et al., 1997; Brendon et al., 2000; Debaille et al., 2008; Papike
et al., 2008; Brandon et al., 2012). By studying shergottites we can learn about the
composition of the different silicate reservoirs on mars. For example, it has been proposed
that shergottite Y 980459 is most representative of the primitive depleted Martian mantle
(Koizumi et al., 2004; Usui et al., 2008). It is also possible that the geochemical
composition of enriched shergottites represents assimilation of Martian crust into the
primitive melt (Herd et al., 2002; Usui et al., 2012).
Nakhlites are cumulate clinopyroxenites composed primarily of subcalcic augite
and include olivine, plagioclase, K-feldspar, Fe-Ti oxides, pyrite chalcopyrite and hydrated
alteration phases (Bunch and Reid, 1975; Treiman, 2005). K-Ar and Rb-Sr ratios of
nakhlites indicate a crystallization age of around 1.3 Ga (Treiman, 2005) The presence of
pre-terrestrial clay-rich alteration product iddingsite as well as halite and oxy-hydroxides
in nakhlites (Ashworth and Hatchison, 1975, Bunch and Reid, 1975; Treiman et al., 1993;
Bridges and Grady, 1999) indicates that these samples interacted with extraterrestrial nearsurface water (Reid and Bunch, 1975; Gooding et al., 1991; Sawyer et al., 2000; Bridges
et al., 2001).
Chassignites are dunites composed of greater than 90% cumulate olivine with
minor plagioclase and Hi-Ca pyroxene components (Papike et al., 2009). Chassignites also
contain low temperature alteration minerals including carbonates, sulfates and oxides
(Bridges et al., 2001).
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Orthopyroxenite ALH84001 is the oldest known (bulk rock age) Martian meteorite
based on lutetium-hafnium (Lu-Hf) isotope data. The age of this meteorite was determined
by Lapen et al. (2010) to be 4.091Ga. It is composed mostly of orthopyroxene with minor
chromite, maskelynite, augite, apatite, pyrite and carbonate components (Mittlefehldt,
1994). The Carbonate component of ALH84001 amounts to about 1wt% of the sample and
based on oxygen isotope composition has been determined to not be in isotopic equilibrium
with the bulk rock (Romanek et al., 1994). The isotopic composition of the carbonate
suggests that the carbonate is most likely a product of low temperature fluid alteration
(Romanek et al., 1994; McSween and Harvey, 1998; Eiler et al., 2002; Halevy et al., 2011;
Melwani Daswani et al., 2013).
Basaltic breccia NWA 7034 is a porphyritic basaltic breccia dominated by low-Ca
pyroxene, pigeonite and augite clasts. Initial Rb-Sr analysis indicated an age of 2.089
±0.081 Ga for NWA 7034 (Agee et al., 2013) yet 147Sm-143Nd and 146Sm-142Nd analysis of
various lithological components of the breccia have produced age estimates as old as 4.44
Ga (Nyquist et al., 2016)NWA 7034 is the most geochemically enriched of Martian
meteorites found to date and shows the best match to the bulk chemical data collected by
orbital and lander missions on Mars (Agee et al., 2013). Base on the elevated H2O content
of 6000ppm (Agee et al., 2013) this meteorite is ideal for studying aqueous fluid alteration
at or near the Martian surface (Muttik et al., 2014).

1.2.3 Water in Martian Meteorites
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All Martian meteorites have been found to contain water in varying amounts. The
water within a Martian meteorite is likely stored in several reservoirs. These reservoirs
include (i) absorbed H2O on grain surfaces and boundaries, (ii) hydrated minerals and (iii)
water trapped as inclusions within glass and mineral grains (Karlsson et al., 92). The waters
in these different storage sites likely originate from different Martian reservoirs such as
mantle, crust, hydrosphere and atmosphere. The existence and possible isotopic diversity
within these different storage sites is the reason for why stepwise heating is used to extract
the water in this work.

1.2.3.1 Absorbed water

Absorbed water represents H2O molecules stored on the surfaces and boundaries of
the grains, which make up the sample. Most absorbed water is evolved from the sample at
temperatures below 150°C (Karlsson et al., 1992). Absorbed water is prone to low
temperature exchanges and is therefore most vulnerable to terrestrial contamination.
However, the lowest temperature water evolved from NWA 7034 (below 50°C) had a
distinctly extraterrestrial Δ17O (concentration of 17O, relative to 16O and 18O) value (Agee
et al., 2013). The same behavior was also observed for many of the samples analyzed by
Karlsson et al. (1992). The extraterrestrial Δ17O values of absorbed water in Martian
meteorites suggests that useful data can be produced from this water storage reservoir.

1.2.3.2 Hydrated minerals
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Hydrated minerals are the largest storage of H2O and HO in Martian meteorites.
Water bearing minerals found in Martian meteorites include primary phases biotite,
amphibole (hornblend), apatite and secondary minerals gypsum, iddingsite, clay minerals
(smectite, nontronite, kaolinite, stilphomelane), iron oxy-hydroxides, salts, carbonate, and
serpentinite (Romanek et al., 1994; McSween and Treiman, 1998; Bridges and Grady,
2000; Bridges et al., 2001; Eiler et al., 2002; Murchie et al., 2009; Agee et al., 2013;
Kuebler, 2013; Muttik et al., 2014). Each hydrous mineral will break down and release
water within a specific temperature range. Therefore, general predictions can be made as
to the mineralogical source of water for a temperature range. For example, gypsum will
completely dehydrate at temperatures below 230°C (Gooding et al., 1991). Iddingsite and
clay minerals (phyllosilicates) will start to lose interlayer H2O at relatively low
temperatures (≈100°C) and will begin to lose structural hydroxyl at temperatures above
400°C (Grim and Kulbicki, 1961; Bishop et al., 1994; Frost et al., 2000). Amphibole,
apatite and micas will lose structural hydroxyl at temperatures above 600°C (SmekatzKloss, 1974; Norman and Palin, 1982; Mason et al., 2009).

1.2.3.3 Water inclusions

Water inclusions in glass and mineral grains will break down at temperatures above
600°C (Karlsson et al., 1992). It is difficult to predict the occurrence of water inclusions in
a bulk sample but if they do exist they will likely be volumetrically small and their effect
on the isotopic composition will only be observed at the highest temperature water release
step.
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1.2.4 Stable Isotope Composition of Water in Martian Meteorites

The application of stable isotope systems to planetary science is one of the most
powerful tools in our understanding of the solar system. By applying our knowledge of
oxygen and hydrogen isotopic systems to water in Martian meteorites we can unravel much
detail about the origin and evolution of those waters.

1.2.4.1 Oxygen

Since the discovery of the 17O anomaly in the solar nebula by Robert Calyton, in
the early 1970s, oxygen isotope analyses have been fundamental to planetary science. Most
studies of oxygen isotope composition of Mars have focused on the bulk silicate rock
composition. Most Martian meteorites (SNCs and ALH84001) have Δ17O values of +0.3‰
(Clayton and Mayeda, 1983; Franchi et al., 1999). Terrestrial materials by definition have
a Δ17O value of 0.0‰ so a Δ17O values of +0.3‰ indicates a significant 17O enrichment in
the Martian samples.
Despite all the oxygen isotope work that has been done on Martian meteorites the
water component has received little attention. To date, only two studies by Karlsson et al.
(1992) and Agee et al. (2013) have analyzed the isotopic composition of the water in
Martian meteorites. Both studies have shown that the water in Martian meteorites is not in
isotopic equilibrium with the bulk rock. This disequilibrium, observed between the bulk
rock Δ17O values and water Δ17O values, suggests that multiple distinct oxygen isotope
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sources exist on Mars. So far, no end member isotopic compositions have been proposed
for the different oxygen reservoirs (mantle, crust, hydrosphere and atmosphere).

1.2.4.2 Hydrogen

Hydrogen is another isotopic system that has been widely used in planetary science.
Due to its volatility and the large mass difference between protium (1amu) and deuterium
(2amu), the hydrogen isotopic system is very good at recording fractionation events. Much
work has already been done on constraining the hydrogen isotope composition of the
different reservoirs on Mars (mantle, crust, hydrosphere and atmosphere). Hallis et al.
(2012) reported the δD value of the Martian mantle to be between -111 and +155‰. In
comparison, Earth’s mantle δD values range from -80 to -40‰ (Lécuyer et al., 1998). On
the other hand, the water in the Martian atmosphere is enriched in deuterium and has a δD
value of 780‰ (Owen et al., 1988). An even more deuterium-enriched (δD>4000‰)
component of the Martian atmosphere has also been proposed (Bjoraker et al., 1989; Leshin
and Vicenzi, 2006). The deuterium enrichment of the Martian atmosphere is caused by the
preferential loss of the light isotope of hydrogen to space via thermal escape (Owen et al.,
1988; Donahue, 1995) and preferential removal of protium by solar wind (Bjoraker et al.,
1989; Owen, 1992). Martian magmatic waters have been reported to have δD values of
around +900‰ (Leshin, 2000).
δD measurements of water from primary and secondary minerals have yielded
values ranging from -150 to +4300‰ (Usui et al., 2012). This δD range indicates that the
various minerals within Martian meteorites are indeed sampling the entire range of Martian
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hydrogen in different reservoirs. This fact is very relevant to this study because it
underscores the isotopic variability of the hydrous phases in Martian meteorites.
Most of the hydrogen isotope studies of Martian materials have been done in-situ
on individual mineral grains and alteration phases. Only a few studies done by Leshin et
al. (1996), Eiler et al. (2002), and Agee et al. (2013) have studied the δD composition of
water evolved from Martian meteorites, both in bulk and by step-wise heating. These
studies showed a degree of variability between the δD values evolved at different
temperatures. Agee et al. (2013) analysis of NWA 7034 by step-wise heating produced
water with a δD value as high as +327‰ while bulk δD analysis yielded a value of +46‰.
This variability indicates that different hydrous storage sites (absorbed and low/high
mineral water) are preserving different δD values, which are likely representative of
different Martian reservoirs (mantle, crust, hydrosphere and atmosphere).

14

2. Oxygen isotope composition of water in Martian meteorites

2.1 Abstract

The oxygen isotope composition of water extracted from Martian meteorites
appears not to be in isotopic equilibrium with the silicate portion of the meteorites. This
disequilibrium suggests the existence of multiple distinct oxygen isotope reservoirs on
planet Mars. Here we present oxygen isotope measurements of waters extracted from
Martian shergottites Tissint, Zagami and NWA-7042 and from nakhlite NWA-10153. These
waters were extracted by stepwise heating to preserve segregation between low
temperature adsorbed waters, intermediate temperature mineral waters and the high
temperature mineral structural OH groups. The results of our study, analyzed
cooperatively with previous work by Karlsson et al., (1992) and Agee et al., (2013), show
that two isotopically distinct water reservoirs exist on Mars. The isotopic influence of these
two reservoirs is preserved in two distinct groups of Martian meteorites. Martian
shergottites preserve the isotopic composition of Martian mantle waters while nakhlites
and Chassigny preserve a contribution from a reservoir elevated in 17O. The presence of
low temperature aqueous alteration minerals in nakhlites and Chassigny suggests that the
elevated 17O component is sourced from Martian near-surface waters. Based on oxygen
isotope measurements of

17

O enriched waters extracted from Martian meteorites we

propose that the Martian near-surface waters must have a Δ’17O of at least 0.89‰ or
greater.
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2.2 Introduction

The elevated concentration of 17O, relative to 16O and 18O, in waters extracted from
many Martian meteorites indicates that these samples contain extraterrestrial waters
(Karlsson et al., 1992; Agee et al., 2013; Ziegler et al., 2013). The planet Mars is the most
likely origin of these waters. By studying the oxygen isotope composition of the waters
extracted from Martian meteorites the Δ17O (concentration of 17O, relative to 16O and 18O)
of water on Mars can be constrained. A tighter constraint on the Δ17O value of water on
Mars coupled with possible mechanisms for mass and non-mass dependent isotopic
fractionation provides additional insight into the complex history of the evolution of water
on planet Mars.

2.2.1 Brief history of water on Mars

Presently the average temperatures on Mars are below 273 K and the atmospheric
pressure is at, or below the triple point of water, making it unlikely that any permanent
liquid water exists on the surface of Mars (Malin and Edgett, 2000). In areas along the
equator where temperatures rise above 273 K liquid water could exist as a transient phase
but would quickly evaporate into the dry atmosphere to eventually freeze out at colder high
latitudes (Jakosky and Phillips, 2001). However, analysis of Martian surface amorphous
component (Martian dust) at Rocknest by the SAM (Sample Analysis at Mars) instrument
aboard the Curiosity rover show H2O content between 3 and 6 wt% (Leshin, et al., 2013).
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The discovery of phillosilicates and carbonate deposits in some of the most ancient
terrains on Mars by the OMEGA instrument on board the European Space Agency’s Mars
Express spacecraft, indicates that early on (4.6-4.1 Ga) Mars had a dense atmosphere
capable of sustaining liquid water at the surface (Bibring et al., 2006; Chauffray et al.,
2007). It has been proposed that most of this early Martian surface water was lost to space
due to heavy meteorite bombardment and hydrodynamic escape (Jakosky and Phillips,
2001). During the Middle to late Noachian (4.1 to 3.8 Ga), the outgassing of the Tharsis
volcanoes (Phillips et al., 2001; Anderson et al., 2001) may have created a secondary
atmosphere capable of sustaining liquid water (Jakosky and Phillips, 2001). Many of the
valley networks near the Tharsis rise have been observed to preferentially follow the slopes
that resulted from the heavy loading of the lithosphere due to the formation of Tharsis
volcanic pile (Jakosky and Phillips, 2001). This indicates that a significant amount of liquid
water existed on the surface of Mars after the emplacement of the Tharsis rise in the late
Noachian (Phillips et al., 2001). The end of the Noachian is marked by the loss of the
Martian magnetic field which made it possible for the solar wind to strip away most of the
Martian atmosphere (Jakosky and Phillips, 2001; Chauffray et al., 2007). Any subsequent
contribution to the atmosphere of Mars from outgassing was countered by solar wind
removal making it impossible to form an atmosphere of a density similar to that of the early
Noachian (Jakosky and Phillips, 2001).

2.2.2 Martian Meteorites

17

Martian meteorites are an invaluable resource in our efforts to understand the planet
Mars. Laboratory analysis of Martian meteorites provides us with geochemical and
mineralogical data of greater detail than what can currently be achieved with robotic
missions. In some cases, such laboratory work is key to understanding the data returned
from robotic missions. Except for Allan Hills (ALH)84001 and the basaltic breccia NWA
7034 all other Martian meteorites are classified as shergottites, nakhlites and chassignites
(the SNC meteorite group). The classification of Martian meteorites is based on the
mineralogy and rock type.
Shergottites are the most common type of Martian meteorite. Shergottites are
subdivided into basaltic, lherzolitic, olivine-phyric and olivine-orthopyroxene-phyric
groups based on petrography and chemical composition (McSween and Treiman, 1998;
Goodrich, 2002; Irving, 2012). Shergottites are also classified as depleted, intermediate
and enriched based on their rare-earth element (REE) composition. Based on variability in
the REE composition of shergottites it has been proposed that different silicate reservoirs
must exist on Mars (Borg et al., 1997; Brendon et al., 2000; Debaille et al., 2008; Papike
et al., 2008; Brandon et al., 2012). By studying shergottites we can learn about the
composition of the different silicate reservoirs on mars. For example, it has been proposed
that shergottite Y980459 is most representative of the primitive depleted Martian mantle
(Koizumi et al., 2004; Usui et al., 2008). It is also possible that the geochemical
composition of enriched shergottites represents assimilation of Martian crust into the
primitive melt (Herd et al., 2002; Usui et al., 2012).
Nakhlites are cumulate clinopyroxenites composed primarily of subcalcic augite
and include olivine, plagioclase, K-feldspar, Fe-Ti oxides, pyrite chalcopyrite and hydrated
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alteration phases (Bunch and Reid, 1975; Treiman, 2005). K-Ar and Rb-Sr ratios of
nakhlites indicate a crystallization age of around 1.3 Ga (Treiman, 2005) The presence of
pre-terrestrial clay-rich alteration product iddingsite as well as halite and oxy-hydroxides
in nakhlites (Ashworth and Hatchison, 1975, Bunch and Reid, 1975; Treiman et al., 1993;
Bridges and Grady, 1999) indicates that these samples interacted with extraterrestrial nearsurface water (Reid and Bunch, 1975; Gooding et al., 1991; Sawyer et al., 2000; Bridges
et al., 2001).
Chassignites are dunites composed of greater then 90% cumulate olivine with
minor plagioclase and Hi-Ca pyroxene components (Papike et al., 2009). Chassignites also
contain low temperature alteration minerals including carbonates, sulfates and oxides
(Bridges et al., 2001).
Orthopyroxenite ALH84001 is the oldest known (whole rock) Martian meteorite.
Based on lutetium-hafnium (Lu-Hf) isotope data, the age of this meteorite was determined
by Lapen et al. (2010) to be 4.091Ga. It is composed mostly of orthopyroxene with minor
chromite, maskelynite, augite, apatite, pyrite and carbonate components (Mittlefehldt,
1994). The carbonate component of ALH84001 amounts to about 1 wt% of the sample and
based on oxygen isotope composition has been determined to not be in isotopic equilibrium
with the bulk rock (Romanek et al., 1994). The isotopic composition of the carbonate
suggests that the carbonate is most likely a product of low temperature fluid alteration
(Romanek et al., 1994; McSween and Harvey, 1998; Eiler et al., 2002; Halevy et al., 2011;
Melwani Daswani et al., 2013).
Basaltic breccia NWA 7034 is a porphyritic basaltic breccia dominated by low-Ca
pyroxene, pigeonite and augite clasts. Initial Rb-Sr analysis indicated an age of 2.089
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±0.081 Ga for NWA 7034 (Agee et al., 2013) yet 147Sm-143Nd and 146Sm-142Nd analysis of
various lithological components of the breccia have produced age estimates as old as 4.44
Ga (Nyquist et al., 2016). NWA 7034 is the most geochemically enriched of Martian
meteorites found to date and shows the best match to the bulk chemical data collected by
orbital and lander missions on Mars (Agee et al., 2013).

2.2.3 Water in Martian meteorites

All Martian meteorites have been found to contain water in varying amounts. Water
within a Martian meteorite is likely stored in several reservoirs. These reservoirs include
absorbed H2O on grains surfaces and boundaries, hydrated minerals and water trapped as
inclusions within glass of mineral grains (Karlsson et al., 1992). The waters in these
different storage sites likely originate from different Martian reservoirs such as
mantle/crust, hydrosphere and possibly the atmosphere. The existence and possible
isotopic diversity within these different storage sites is the reason for why stepwise heating
is used to extract the water in this work.
Absorbed water represents H2O molecules stored on the surfaces and boundaries of
the grains, which make up the sample. Most absorbed water is evolved from the sample at
temperatures below 150°C (Karlsson et al., 1992). Absorbed water is prone to low
temperature exchanges and is therefore most vulnerable to terrestrial contamination.
However, the lowest temperature water evolved from NWA 7034 (below 50°C) had a
distinctly extraterrestrial Δ17O value (Agee et al., 2013). The same behavior was also
observed for many of the samples analyzed by Karlsson et al. (1992). The extraterrestrial
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Δ17O of absorbed water in Martian meteorites suggests that useful data can be produced
from this water storage reservoir.
Hydrated minerals are the largest storage of H2O and HO in Martian meteorites.
Water bearing minerals found in Martian meteorites include primary phase biotite,
amphibole (hornblende), apatite and secondary minerals gypsum, iddingsite, clay minerals
(smectite, nontronite, kaolinite, stilpnomelane), iron oxy-hydroxides, salts, carbonate, and
serpentinite (Romanek et al., 1994; McSween and Treiman, 1998; Bridges and Grady,
2000; Bridges et al., 2001; Eiler et al., 2002; Murchie et al., 2009; Agee et al., 2013;
Kuebler, 2013; Muttik et al., 2014). Each hydrous mineral will break down and release
water within a specific temperature range. Thus, general predictions can be made as to the
mineralogical source of water for a temperature range. For example, gypsum will
completely dehydrate at temperatures below 230°C (Gooding et al., 1991). Iddingsite and
clay minerals (phyllosilicates) will start to lose interlayer H2O at relatively low
temperatures (≈100°C) and will begin to lose structural hydroxyl at temperatures above
400°C (Grim and Kulbicki, 1961; Bishop et al., 1994; Frost et al., 2000). Amphibole,
apatite and micas will lose structural hydroxyl at temperatures above 600°C (SmekatzKloss, 1974; Norman and Palin, 1982; Mason et al., 2009).
Water inclusions in glass and mineral grain will be released at temperatures above
600°C (Karlsson et al., 1992). It is difficult to predict the occurrence of water inclusions in
a bulk sample but if they do exist they will likely be volumetrically small and their effect
on the isotopic composition will only be observed at the highest temperature water release
step.
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2.2.4 Prior work on water from Martian meteorites

The oxygen isotope composition of water extracted from Martian meteorites has
been investigated by only two studies, Karlsson et al., (1992) and Agee et al., (2013). Both
studies found that the water extracted form Martian meteorites is not in isotopic equilibrium
with the bulk rock silicate portion. Measurements of the silicate portion of Martian SNC
(Shergottites, Nakhlites and Chassignites) group meteorites show remarkable oxygen
isotope heterogeneity in terms of Δ’17O (Δ’17O=δ’17O-θ*δ’18O). Note that prime notation
(Δ’17O, δ’18O and δ’17O) indicates that the data has been linearized according to Miller,
(2002). The purpose of linearization is discussed in the following sections. All meteorites
in the SNC group have a Δ’17O value of »0.3‰ (Clayton and Mayeda, 1983; Franchi et al.,
1999; Rumble and Irving, 2009). However, waters extracted from SNC meteorites span a
large Δ’17O range from -0.2‰ to 0.9‰ (Karlsson et al., 1992). Similar disequilibrium was
also observed in Martian meteorite NWA-7034 by Agee et al., (2013). Δ’17O values of the
water extracted from NWA-7034 were lower than the Δ’17O values of the bulk silicate
portion.
It has been proposed that the observed oxygen isotope disequilibrium between the
silicate rock of Martian meteorites and the water extracted from them is due to existence
of isotopically distinct/different water reservoirs on planet Mars (Karlsson et al., 1992;
Agee et al., 2013; Ziegler et al., 2013). It is likely that interaction with such isotopically
different water reservoirs has affected the oxygen isotope composition of the water
preserved in Martian meteorites and is responsible for the observed disequilibrium. The
existence of an isotopically exotic water reservoirs on Mars is possible since much of the
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water originally found on Mars was lost to space. The vast loss of surface water to space
through various mechanisms can account for extreme isotopic fractionation of the
remaining water.

2.2.5 Δ’17O relevance and notation

Since the discovery of the 17O anomaly in the solar nebula by Clayton et al., (1973),
oxygen isotope analyses have been fundamental to planetary science. Most studies of
oxygen isotope composition of Mars have focused on the bulk silicate rock. Most Martian
meteorites (SNCs and ALH84001) have Δ17O values of »0.3‰ (Clayton and Mayeda,
1983; Franchi et al., 1999). Terrestrial materials, by definition, have a Δ17O value of 0.0‰.
Δ17O values of +0.3‰ indicate a significant 17O enrichment in the Martian samples relative
to Earth. Δ17O is a measure of surplus/deficit of mass seventeen oxygen within a sample
relative to a known standard which, in planetary studies, is Earth. Since the ratio of 17O to
16

O and

18

O varies thoughout the solar system, Δ17O measurements provide a robust

mechanism for identifying and grouping planetary materials. Δ17O measurements are, for
example, one of the most definitive methods for identifying a Martian meteorite. If a
meteorite is identified as a potential Martian sample the oxygen isotope composition of the
silicate portion of the sample is measured to verify that the sample is in fact Martian. If the
Δ17O of the sample falls in the normal SNC range (»0.3‰) the sample is most likely
Martian. If the Δ17O value of the sample is something other than 0.3‰ ±0.05, the sample
is likely from another differentiated planetary body. The prime notation (Δ’17O) indicates
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that the oxygen isotope data has been linearized according to Miller, (2002). Calculations
for determining Δ17O and data linearization will be discussed in detail in the next section.

2.2.6 VSMOW-SLAP water standard calibration

Oxygen isotope measurements are reported in standard δ notation where 𝛿 =
#$%&'()
#$*%+,%-,

− 1 ×1000 and where R is the ratio of the heavy isotope to the light isotope,

as in R=(18O/16O). By definition, the δ18O of VSMOW is equal to 0‰ and SLAP has a
δ18O value of -55.5‰ (Hut, 1987; Coplen, 1994). Because of the large spread in δ18O
values between VSMOW and SLAP the two standards are used in tandem as a two-point
calibration system. The measured δ18O of VSMOW is used to calibrate the δ18O=0‰ of
the δ18O scale and the measured δ18O of SLAP is used to determine the squeeze/stretch
factor of the δ18O scale for an experimental system.
Measurements of δ17O have been crucial to the study of extraterrestrial materials
since extraterrestrial materials often show large

17

O anomalies (McKeegan and Leshin,

2001). Data in triple oxygen isotope space is presented in terms of δ18O (domain) vs. δ17O
(range). Since 16O is included in the calculation of both the δ17O and δ18O values, the data
can be plotted on a simple x-y graph. It has been proposed that VSMOW and SLAP water
standards should also be used to define a reference line for terrestrial water mass-dependent
fractionation between mass 17 and mass 18 isotopes of oxygen relative to the mass 16
isotope (Barkan and Luz, 2012; Schoenemann et al., 2013). The slope (θ) of the
fractionation line within the triple oxygen space can be calculated as θ345 =
678 9: 4678 9;
67< 9: 467< 9;

, where point A is the measured values of VSMOW and point B the measured
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value of SLAP. Applying this procedure to measured VSMOW and SLAP values yields a
θ value of 0.528 (Schoenemann et al., 2013). Using this known θ slope, a theoretical δ17O
value can be calculated from any δ18O measurement using the formula δ17O=θ×δ18O. This
deviation from the theoretical value is known as Δ17O and is defined as Δ17O=δ17Oθ×δ18O.
The Δ17O of VSMOW is =0‰ since Δ17O=δ17O-θ×δ18O and both δ17O and δ18O of
VSMOW are equal to 0. Similarly, the Δ17O of SLAP is also =0‰ because the measured
δ17O=29.7‰ and δ18O=55.5‰ were used to constrain the slope of the terrestrial
fractionation line θ. Using the calculated θ=0.528 value, any sample analyzed for oxygen
isotope composition can be compared to the theoretical norm established by the VSMOW
and SLAP standards. However, there is a linearity consideration that must be addressed
when working in the triple oxygen space. The identity Δ17O=δ17O-θ×δ18O is an
approximation derived from the power law α17/16=(α18/16) θ (Clayton and Mayeda, 1996;
Miller, 2002). For the data to correctly plot as a linear function it must be linearized using
the following equation 𝛿’ = 1000 ln

6
@AAA

+ 1 (Miller, 2002). Note that delta prime (δ’

or Δ’) notation indicates that the data has been linearized.

2.2.7 Water fluorination

It has been demonstrated that the only way to obtain precise δ17O measurements is
by mass spectrometric analysis of pure O2 (Barkan and Luz, 2012). Direct water
fluorination with BrF5 is an established method used to break the OH bond and produce O2
from water without fractionation. Direct BrF5 fluorination of water was first done by
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O’Neal and Epstein (1966). The procedure was based on previous work by Hoekstra and
Katz (1953), who used BrF5 fluorination to measure total oxygen in metal and mineral
oxides, as well as the work of Clayton and Mayeda (1963) who used the process to liberate
oxygen from mineral samples. Water Fluorination with BrF5 proceeds per the following
@

reaction: BrF5+H2OàBrF3+2HF+ O2 (O’Neal and Epstein, 1966). In the original work
C

by O’Neal and Epstein (1966) the liberated O2 was converted to CO2 prior to making
isotopic ratio measurements. This approach was suitable since the authors were only
measuring δ18O of the samples. However, the conversion to CO2 makes it impossible to
accurately measure δ17O due to mass interference from other isotopes (13C and 18O) which
combine to make CO2 molecules of atomic mass 45. Direct analysis of pure O2 extracted
from water was first done by Jabeen and Kusakabe (1997) and their work greatly improved
the accuracy of the direct water fluorination method, yielding δ17O and δ18O precession of
approximately 0.1 ‰ (σ1) and 0.15‰ (σ1) respectively.

2.2.8 Possible issues

Little work has been done on measuring the isotopic composition of water in bulk
rock samples, thus no universally accepted rock water standard currently exists. This had
to be addressed prior to measuring Martian samples. Karlsson et al, (1992) mention the use
of a terrestrial basalt as a working standard but no identifying details or actual measurement
data were reported. Another concern is the lack of understanding of what effect heat
extraction of water has on the slope theta (θ) of the oxygen isotonic fractionation line.
Karlsson et al, (1992) used a kinetic value of 0.52 for θ, arguing that the heat extraction
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process is kinetic in nature. In our study, we wanted to further evaluate this claim and
determine if this value is in fact appropriate.
The effects of terrestrial contamination of water in extraterrestrial samples is
another concern that has not received much attention. It is often speculated that low
temperature (absorbed/grain boundary) waters experience terrestrial contamination while
water extracted at high temperature preserve the extraterrestrial isotopic signature. We
wanted to test this assumption experimentally and to determine if high temperature hydrous
phases can be affected by terrestrial contamination. Another concern is whether a small
aliquot of a sample is representative of the entire meteorite. We wanted to address this issue
by doing a statistical analysis of the distribution of hydrous mineral phases within a sample
on centimeter to micrometer scale. Martian shergottite Zagami was used for this work.

2.2.9 Distribution and composition of hydrous phases in Martian meteorite Zagami

The main mass of Zagami consists of several distinct lithologies. Most of the
sample is dominated by the fine to coarse-grained (0.24-0.36mm) basaltic lithology
referred to as normal Zagami (Stolper and McSween 1979). Zagami also includes a darkmottled-lithology which has been found to contain higher concentration of shock melt
(Marti et al. 1995) and a Fe-rich lithology which has been described as residual melt by
McCoy et al. 1993. All the water oxygen isotope analyses of Zagami have been done on
the fine-grained normal Zagami lithology since it is by far the most abundant. For this
reason, this study will focus on the fine-grained normal Zagami lithology.
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The mineralogy of the fine-grained normal Zagami lithology consists primarily of
pyroxene and plagioclase that has been shocked to amorphous maskelynite (Easton and
Elliott, 1977). The lithology also contains amphibole (Treiman, 1985a), phosphates
(McCoy et al. 1992), sulfides (McCoy et al. 1999), oxides (Stolper and McSween, 1979)
and glass veins (McCoy et al. 1992). Amphibole and phosphates are the most important
mineral phases for this discussion since they are the only hydrous phases present in the
fine-grained normal Zagami lithology. Amphibole is reported to be present in Zagami melt
inclusions in the form of kaersutite ((Na)(Ca2)(Mg4Ti)(Si6Al2)(O22)(OH,F)2) and actinolite
((Ca2)(Fe5)(Si8)(O22)(OH,F)2) (Treiman, 1985a). Phosphates make up between 0.5 and 1.3
wt%

of

Zagami

and

occur

as

merrillite

(Ca9NaMg(PO4)7)

and

apatite

(Ca10(PO4)6(OH,F,Cl)2) (Wang et al. 1999; Shearer et al. 2015). The phosphate assemblage
in Zagami is dominated by merrillite. Apatite, which is the only phosphate phase that
contains hydroxyl, is relatively rare (Shearer et al. 2015). Karlsson et al. (1992) reported
the bulk H2O content of Zagami to be 430 ppm. This value agrees with H2O concentrations
reported for other Martian shergottites. Based on available mineralogical data most of the
430 ppm H2O budget of Zagami is likely stored in the minerals kaersutite, actinolite and
apatite. Since these minerals have very distinct compositions it was possible to identify
them and to map their spatial distribution using an electron microprobe. This data was then
used to conduct statistical analysis of the distribution of hydrous minerals within Zagami.

2.3 Procedure
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Water and hydroxyl groups were extracted from the samples by means of heating
in a He stream. The heating was done in discrete temperature steps (intervals) to preserve

segregation between low, intermediate and high temperature water/hydroxyl storage sites.
The water extracted at each step was collected in a cold trap and fluorinated with high
purity BrF5 to release oxygen. The liberated O2 was then purified and analyzed using a
ThermoFinnigan MAT 253 gas source dual inlet isotope ratio mass spectrometer. A
complete schematic view of the analytical system is shown in figure 2.1.

2.3.1 Water extraction by stepwise heating

The amount of sample material needed for an analysis was determined based on the
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wt.% water in each sample. Since Martian meteorites contain between 0.03 and 0.6 wt.%
water (Karlsson et al., 1992; Agee et al., 2013; Leshin et al., 1996), sample sizes ranged
from 0.6 to 3.5 grams. For terrestrial control samples, much less material was needed (≈0.10.5g) due to higher sample water content. For samples with unknown water concentration
a small portion (»2-3mg) was measured for total hydrogen content to determine how much
water was present in the sample. This was done using a ThermoFinnigan TC/EA (Thermal
Combustion Elemental Analyzer) coupled with a ThermoFinnigan Delta V isotope ratio
mass spectrometer. By measuring the amount of hydrogen within a known mass of sample
material relative to known standards the wt.% water of the unknown sample was
determined. Once the appropriate amount of sample material was determined the sample
was crushed to a fine powder and loaded into a 0.5-inch diameter quartz tube. Prior to
sample loading the quartz tube along with quartz wool plugs was heated to 1000°C in an
inert gas environment, to expel any trace water contamination. Once the sample was
loaded, it was flushed with ultra-high purity helium gas at room temperature for two hours.
Prior to entering the sample chamber the helium gas was passed through a silica gel trap
held at liquid nitrogen temperature to remove any trace contamination. The sample was
then stepwise heated to 50°, 200°, 400°, 700° and 1000°C. The sample was held at each
temperature for 45 minutes while the evolved volatiles (mostly water) were collected. The
water was entrained in a helium stream (at a flow rate of 120 cm3/min) and collected in a
cold trap held at liquid nitrogen temperature. The cold trap was then isolated from the
sample chamber and excess helium was pumped away, leaving behind the water which
remained frozen at liquid nitrogen temperature. At this point the water was ready for
fluorination.

30

During the interval of time when the water extracted in the previous temperature
interval was being analyzed, the sample (rock/meteorite) temperature was reduced by 50°C
and the sample was held in a static inert gas environment. In this study, the volatiles were
evolved into a helium stream instead of a vacuum, as was previously done by other workers
(Karlsson et al., 1992; Agee et al., 2013). The use of helium was hypothesized to minimize
the occurrence of secondary reactions between the evolved water and the rock sample and
to minimize the large kinetic isotope effect, which favors light isotopes during the
dehydration process (Karlsson et al., 1992). The use of helium gas also had the effect of
reducing the chance of external contamination since the sample chamber was held at a
positive pressure during stepwise heating and the downtime between temperature steps.

2.3.2 Water fluorination

To

insure

complete

fluorination

of

water

by

the

reaction

@

BrF5+H2OàBrF3+2HF+ O2 a stoichiometric excess of BrF5 was used. This excess was
C

kept to approximately four time the stoichiometric balance. Each aliquot of BrF5 was
purified before being used in the fluorination reaction by expanding the reagent into a
known volume at a predetermined pressure needed to provide the appropriate amount of
reagent. The measured amount of BrF5 was then condensed out of the volume into cold
trap held at liquid nitrogen temperature. Once the reagent was condensed, the entire volume
was open to vacuum and all the non-condensable gases were removed. It was found that
prolonged storage of BrF5 in a Kel-F (Polychlorotrifluoroethylene) container allowed trace
amounts of air to leak in and form a head over the reagent. By purifying the reagent before
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every fluorination, the trace contamination was reliably removed. Once the reagent was
purified it was admitted into the reaction chamber. Prior to admitting BrF5 into the reaction
chamber the level of liquid nitrogen was raised so that the reagent would condense above
the previously frozen water. This averted the possibility of the fluorination reaction starting
before the reaction chamber was sealed. With the reactants loaded and the reaction chamber
sealed the entire reaction chamber assembly was continually heated for 4 minutes using a
heat gun. Care was taken to heat the reaction chamber uniformly to a temperature of
approximately 300°C. It was determined from experimentation as well as reports from
previous researchers (O’Neal and Epstein, 1966) that 4 minutes was the ideal time to
facilitate the reaction. Allowing the reaction to proceed longer had no benefit. Once the
reaction was completed, the remaining BrF5 along with produced BrF3 and HF were
condensed into a cold trap held at liquid nitrogen temperature and the produced O2 gas was
moved into the purification line.
The reaction trap was constructed from ¼ inch OD pure nickel (nickel 200 alloy)
tubing with a wall thickness of 0.022 inch. Internally electro-polished stainless steel tubing
was originally used for the reaction chamber but yielded inconsistent results. Pure nickel
appeared to be the ideal material for containing the water fluorination reaction. It is
important to mention that each new nickel reaction chamber did require “conditioning”
prior to correct operation. The conditioning process consisted of about 7 to 10 back-toback water fluorination reactions.

2.3.3 Oxygen purification

32

A schematic diagram of the oxygen purification line is included in figure 2.1. The
oxygen purification line follows the design described by Sharp et al, (1996). To remove
remaining contaminants produced during fluorination, oxygen was expanded into another
cold trap held at liquid N2 temperature and then passed through a heated NaCl trap to
neutralize any molecular fluorine gas (F2) potentially produced during the fluorination
reaction. Since fluorine gas has a condensation temperature lower than the temperature of
liquid nitrogen it had to be captured by the reaction 2NaCl(solid)+F2(gas)à2NaF(solid)+Cl2(gas).
The Chlorine gas produced by this reaction was collected in another cold trap. The purified
oxygen was then collected in molecular sieve trap held at liquid nitrogen temperature. Once
the oxygen was collected in the molecular sieve trap the trap was isolated from the rest of
the purification line. UHP (Ultra-High Purity) helium was then used to transport the oxygen
sample through a 5 Å mol sieve GC (Gas Chromatograph) column. The purpose of the GC
column was to separate the O2 from any potential NF3 contamination. Removal on NF3
form the sample was essential because during ionization in the mass spectrometer NF3 can
break down into NF and create interference at atomic mass 33. Since accurate
measurements of mass 33 were essential to determining the δ17O of the sample any NF3
contamination had to be removed. It is important to mention that prior to use the UHP
helium had to be further purified by passing through a molecular sieve trap held at liquid
nitrogen temperature to remove any traces of O2 in the He (Not shown in Figure 2.1). To
monitor the movement of gas through the GC column a Thermal Conductivity Detector
(TCD) was installed inline following the GC column. By monitoring the output of the TCD
the arrival and passage of the O2 peak was observed. Once all the O2 gas had cleared the
GC column it was trapped in a second molecular sieve trap held at liquid nitrogen
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temperature. Once the O2 was collected in the second molecular sieve trap the trap was
isolated and the incoming helium stream along with any NF3 contamination was routed to
the vent port. The second molecular sieve trap was held at liquid nitrogen temperature
while the helium was pumped away through the vacuum system of the mass spectrometer.
Once the helium was removed the liquid nitrogen was removed from the second molecular
sieve trap and the trap was heated using a heat gun freeing the oxygen. The oxygen was
then admitted into the sample bellows of the dual inlet isotope ratio mass spectrometer.

2.3.4 Isotope ratio mass spectrometer configuration

All the oxygen isotope ratio measurements were made at the Center for Stable
Isotopes, University of New Mexico. A ThermoFinnigan MAT 253 IRMS (Isotope Ratio
Mass Spectrometer) was used to make the high precision isotopic measurements of the
water extracted from Martian meteorites. A dual inlet configuration was used to allow for
multiple sample/reference comparisons. For each of the measurements care was taken to
balance the pressure of the sample and the reference. This approach reduced the signal
amplitude mismatch during sequential sample/reference comparisons and made it possible
to continuously run 20 back-to-back comparison cycles with no analytical drift. After 20
sample/reference comparisons the pressures of the sample was again adjusted to match the
reference and another set of 20 sample/reference comparisons was carried out. This was
repeated two to five times for a total of 40-100 sample reference comparisons. A 20 second
integration time was used for each comparison cycle. Using such a long integration time
greatly reduced the standard error of the measurements.
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2.3.5 High precision VSMOW-SLAP triple oxygen isotope calibration

A full VSMOW-SLAP triple oxygen isotope calibration was done to evaluate Δ’17O
accuracy of the analytical system. VSMOW and SLAP water standards were measured for
calibration. These water standards were handled and used with utmost care to prevent
isotopic fractionation due to evaporation or equilibration with atmospheric H2O. An
injection port was fitted to the fluorination line (described above) to allow liquid water to
be injected into the fluorination line. 1 micro liter (µL) of water was used when measuring
water standards. Injections were made using Hamilton model 7102 2µL trough-the-needle
plunger syringes. The needle would remain in the injection port for approximately 30
seconds while the injection port was heated using a heat gun. The injected water vapor was
then condensed in the reaction chamber of the fluorination line by cooling the reaction
chamber to liquid nitrogen temperature. The water was then fluorinated, using the
procedure described above, and the liberated oxygen was then purified and analyzed.

2.3.6 Terrestrial rock water sample calibration

During this work, waters from three terrestrial rock samples were routinely
extracted and analyzed for oxygen isotope composition. This was done to evaluate the
reproducibility of the analytical system and to collect the data necessary to determine the
most appropriate fractionation slope (θ) for temperature extracted waters. The three
terrestrial standards included basalt, metasomatized peridotite and serpentinite. Hydrogen

35

isotope ratio analysis were done on these terrestrial standards to determent the wt.% water
present in each of the standards. By knowing the total amount of water in each aliquot of
sample the performance of the analytical system could be further evaluated and monitored.

2.3.7 Contamination experiment

To evaluate the potential effects of terrestrial contamination on extraterrestrial
waters within Martian meteorites, an oxygen isotope exchange experiment was conducted
on terrestrial rock water standards. A 10g solid sample of terrestrial basalt standard was
placed in a sealed container along with an open beaker containing 1ml of

18

O enriched

water (δ18O = 8000‰). The experimental setup allowed isotopically enriched water vapor
to interact with the rock sample at room temperature. The exchange happened through
vapor only as the sample basalt and the isotopically spiked water were never in direct
contact. The basalt sample remained in the sealed experiment for one year. After one year,
the sample was removed, broken into several large pieces and 400mg portions of the
material ware prepared for analysis. To remove adsorbed moisture, the samples were
placed in a vacuum, heated to 100°C and allowed to dry for 4 hours. The samples were
then loaded into the stepwise heating system and again heated to 100°C in a UHP helium
stream. The samples remained at 100°C in helium for 24 hours. After the drying procedure,
the samples were stepwise heated and the isotopic composition of the waters extracted at
each temperature interval was measured. To negate the isotopic memory effect problem,
multiple VSMOW water standards were analyzed between each isotopically spiked water
measurement (each temperature interval). One portion of isotopically spiked basalt was
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dried to a temperature of 350°C prior to analysis to remove all low temperature water. This
sample was then stepwise heated from 350 to 600°C and from 600 to 1000°C and the
isotopic composition of the water extracted during each interval was measured. VSMOW
water standards were again measured after each analysis of isotopically spiked water. This
was done to ensure that each measurement was not affected by contamination to the system
from a prior analysis (the memory effect).

2.3.8 Martian meteorite sample preparation

The amount of sample material needed from each meteorite was determined based
on the total concentration of water in each meteorite. Based on terrestrial standards it was
determined that approximately 4µL (microliter) of total water were needed to yield a
measurable amount of oxygen at each temperature step. This was not an absolute measure
since the abundance of water and OH in different storage sites (low vs high temperature)
varies from sample to sample. Therefore, enough material was used from each meteorite
sample to yield at least 4µL of water. Once the appropriate amount of material was
determined for each sample the material was crushed to a fine powder and loaded into the
sample holder of the stepwise heating system (figure 2.1). Prior to water extraction each
meteorite sample was dried to remove any adsorbed water. The drying was done at room
temperature passing a UHP helium stream through the sample for 24 hours. Samples were
not dried at a higher temperature because it has been shown that event the low temperature
<50°C waters can preserve an extraterrestrial oxygen isotope signature (Agee et al., 2013).
Once the sample was dried it was stepwise heated using the procedure described above and
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the oxygen isotope composition of water extracted during each temperature interval was
measured.

2.3.9 Distribution and composition of hydrous phases in Martian meteorite Zagami

Six thin sections of Zagami from the University of New Mexico Institute of
Meteoritics collection were studied using a petrographic microscope. It was determined
that no significant differences existed between the six thin sections. All six thin sections
were representative of the fine-grained normal Zagami lithology. Two thin sections (998
and 1094), with the least surface damage, were chosen for microprobe analysis using the
JOEL 8200 electron probe at the Earth and Planetary Science department of the University
of New Mexico. Full thin section qualitative maps of elements Ca, Cl, F, P and Ti were
made for both thin sections to identify the minerals of interest for this study (kaersutite,
actinolite, merrillite and apatite). JOEL software was used to set the mapping conditions
for the initial qualitative mapping of the thin sections. The qualitative maps were
statistically analyzed using ImageJ software to determine the overall distribution of
hydrous grains within Zagami.
Using the qualitative date, four areas of interest were identified based on elevated
concentration of fluorine and chlorine, elements that are characteristic of kaersutite,
actinolite and apatite (Treiman, 1985a; Wang et al. 1999; Shearer et al. 2015). The selected
areas were then imaged using BSE (Back Scatter Electrons). The BSE images were linked
to the microprobe stage coordinates through Probe for EPMA ImageSnap software to allow
for more efficient sample navigation and analytical automation. Probe for EPMA software
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was then used to automate multiple qualitative single-point analysis of various mineral
grains to determine the mineral chemistry of the phases. Measured X-ray spectra where
compared against known standards by the Probe for EPMA software. The average of 29
quantitative single-spot analyses of multiple apatite grains in Zagami was used to
determine the actual chemical makeup of the grains. The measured values were normalized
to the atomic concentration of oxygen in apatite to calculate normalized abundance for the
constituent elements.

2.4 Results

2.4.1 VSMOW-SLAP triple oxygen isotope calibration

The raw measured δ17O and δ18O, linearized δ’17O and δ’18O and the calculated
Δ’17O values of each VSMOW and SLAP analysis are presented in table 2.1. Δ’17O
values shown are calculated by equation
Δ’17O=δ’17O-l*δ’18O using a l value of
0.528. Average δ17O and δ18O values of
six analyses of VSMOW have a
standard deviation of 0.1‰ (σ1) for
δ’17O and of 0.2‰ (σ1) for δ’18O. The
standard deviation of the calculated
Δ’17O for measurements of VSMOW is
±0.01‰ (σ1). Numerous factors during
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O2 extraction and preparation result in measurement variability of δ’17O and δ’18O.
However, since this variability is caused by mass-dependent fractionation it has no effect
on the Δ’17O. Thus, the standard deviation of Δ’17O is smaller than that of δ’17O and δ’18O.
Similarly, Δ’17O values of SLAP have a standard deviation of only 0.01‰ (σ1), lower than
the standard deviations of the δ’17O and δ’18O values. Because the average δ18O of SLAP
was -55.5‰, exactly the same as the accepted value of -55.5‰, no stretching factor
correction was needed for the VSMOW-SLAP scale. Note that the non-linearized value of
SLAP is used. Originally the VSMOW-SLAP scale was defined using non-linearized
values and here we adhere to that convention. However, linearized δ’17O and δ’18O values
are used in calculating Δ’17O of SLAP. Using the calculated Δ’17O values of VSMOW and
SLAP (-0.02‰ and -0.03‰ respectively) a correction factor is established for all other
Δ’17O measurements. The correction factor is the offset between the line plotted by
Δ’17OVSMOW and Δ’17OSLAP from the terrestrial fractionation line. Mathematically the
correction can be expressed as Δ’17O(corrected)= Δ’17O+(0.0002*δ’18O+0.02). For most
samples (δ18O=0‰ ±10‰) the application of this correction has the effect of adding
approximately 0.02‰ to the measured Δ’17O value.

2.4.2 Terrestrial standard calibration.

Table 2.2 shows the results of oxygen isotope analysis of waters extracted from
terrestrial samples. Measurements of water extracted from terrestrial basalt and peridotite
produced slightly positive Δ17O values of ≈0.04 ‰ for temperatures below 450°C and
negative Δ17O values of ≈ -0.09 ‰ for temperatures above 450°C with a standard deviation
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(1σ) of 0.03 ‰. It is likely that the low temperature waters are sampling terrestrial meteoric
waters that have a Δ17O value of ≈0.03‰ (Luz and Barkan, 2010). The negative Δ’17O
values of high temperature waters are consistent with negative Δ’17O estimates of mantle
silicates based on the Δ’17O = -0.054‰ of San Carlos olivine (Sharp et al., 2016). High
temperature waters extracted from serpentinite plotted in the meteoric water range of Δ’17O
»0.03‰. (Luz and Barkan, 2010).
Table 2.2. Average oxygen isotope composition of waters extracted from terrestrial serpentinite,
metasomatized peridotite and basalt rock water standards. Standard deviation (1σ) = 0.03 ‰
Sample

Weight
[g]

step
[Tmax °C]

mid-point
[Tmid °C]

17

δ O

18

δ O

17

δ' O

18

δ' O

17

Δ' O

Setprntinite

0.061

200
400
700
1000

125
300
550
850

-2.98
2.43
1.34
2.14

-5.88
4.86
2.53
4.03

-2.99
2.43
1.34
2.14

-5.90
4.85
2.53
4.02

0.08
-0.10
0.03
0.05

Met. Peridotite

0.365

200
400
700
1000

125
300
550
850

-4.19
3.98
5.72
7.98

-8.24
7.53
11.15
15.66

-4.19
3.97
5.71
7.95

-8.27
7.50
11.09
15.54

0.11
0.07
-0.06
-0.13

0.2

50
200
450
700
1000

35
125
325
575
850

-2.46
-0.43
3.79
8.43
2.71

-4.80
-0.94
7.22
16.43
5.41

-2.46
-0.43
3.78
8.39
2.70

-4.81
-0.94
7.19
16.30
5.39

0.04
0.06
0.04
-0.08
-0.10

Basalt

It has been observed that water released from bulk rock by heating does not
preserve the δ18O of the original hydroxyl groups of the mineral (Karlsson et al., 1992).
During heat extraction, the water undergoes substantial fractionation. However, since the
fractionation is mass-dependent the ratio between 17O and 18O remains unaffected and by
calculating Δ’17O using the correct fractionation slope for temperature extracted water the
original Δ’17O of the water can be determined. In order to determine the appropriate
fractionation slope (λ) the Δ17O values of terrestrial samples were recalculated relative to
different fractionation λ values ranging from 0.5308 to 0.510 using the equation
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Δ17O’=δ17O’-l*δ18O’ (figure 2.2). The
most logical fit of the data to meteoric and
mantle oxygen isotope values, was achieved
with a l value of 0.52. This indicates that
the release of water during mineral
dehydration is a kinetic fractionation
process. Karlsson et al. (1992) also used a
l value of 0.52 to calculate Δ’17O. The
possibility that the fractionation slope was
not a constant throughout the water
extraction temperature range was also
considered. However, the most logical
calculation results for all temperature steps
were attained using the value 0.52. For
example, an equilibrium lambda of 0.5305
for lower temperature steps 25-150°C
yielded Δ’17O values above 0.1‰ These
values do not correlate with the known
value for meteoric waters (»0.03‰) likely
to be present as the adsorbed water
component. Therefore, it was concluded
that a fractionation slope of 0.52 was the
most appropriate for all water release
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temperature intervals.

2.4.3 Oxygen isotope composition of water in Martian meteorites

As previously reported (Karlsson et al., 1992; Agee et al., 2013; Ziegler et al.,
2013), the oxygen isotope composition of waters extracted from Martian meteorites fall
outside the SNC bulk rock silicate range. Raw measured δ17O and δ18O values, linearized
δ’17O and δ’18O values and the calculated Δ’17O for all the samples analyzed in this study
along with all other literature data are presented in table 2.3. Δ’17O data collected as part
of

this

study

is

corrected

using

the

correction

equation

Δ’17O(corrected)=

Δ’17O+(0.0002*δ’18O+0.02), determined by executing the VSMOW-SLAP triple isotope
calibration procedure. Previously reposted literature data is presented as is since the
determined correction is only applicable to our analytical system. In this study, the Δ’17O
values of waters extracted from Martian meteorites ranged from -0.02 to 0.55‰. Waters
extracted from shergottites (Tissint, NWA-7042, Zagami) showed a deficit of 17O relative
to the bulk SNC silicate oxygen isotope composition. Low temperature (<150°C) waters
extracted from shergottites generally produced Δ’17O values similar to terrestrial meteoric
waters (0.0-0.03‰). The most elevated concentrations of δ17O, in shergottites were
observed in waters extracted between 150 and 600°C. The Δ’17O values of these waters
ranged from 0.08 to 0.23‰. Waters extracted from shergottites at temperatures above
600°C had Δ’17O values close those of terrestrial samples (0.01 to 0.05‰). For shergottites,
the high temperature extraction steps produced the smallest amounts of water (<10µmoles)
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Table 2.3. Oxygen isotope composition of water in Martian meteorites. *From Karlsson et al., (1992)
with additional unpublished data (***) provided by the authors. **From Agee et al., (2013). All data
has been recalculated using θ=0.520
Meteorite

weight
[g]

step
[T max

mid-point H 2 O yield
°C ] [T mid °C ] [µmoles]

d

18

d

O

18

O'

d

17

d

O

17

O'

17
17
Raw D O' (0.52) D O' (0.52)

[‰ V-SMOW]

Tissint

2.50

50
200
400
700
1000

37.5
125
300
550
850

7
16
15
13
8

-3.29
1.06
8.05
13.26
16.87

-3.30
1.06
8.02
13.17
16.73

-1.67
0.64
4.39
7.05
8.77

-1.67
0.64
4.38
7.02
8.73

0.04
0.09
0.21
0.17
0.03

0.06
0.11
0.23
0.20
0.05

NWA-10153

2.35

50
150
350
600
1000

40
100
250
475
800

111
143
170
58
34

-12.14
-4.14
6.51
10.96
24.52

-12.21
-4.15
6.49
10.90
24.22

-6.39
-2.15
3.67
6.17
13.21

-6.41
-2.15
3.66
6.15
13.13

-0.06
0.01
0.29
0.48
0.53

-0.04
0.03
0.31
0.50
0.55

NWA-7042

3.48

50
150
350
600
1000

40
100
250
475
800

84
179
183
176
47

-11.30
-4.97
6.56
12.54
14.96

-11.36
-4.98
6.53
12.47
14.85

-5.93
-2.57
3.48
6.62
7.74

-5.95
-2.58
3.47
6.60
7.71

-0.04
0.01
0.08
0.12
-0.01

-0.02
0.03
0.10
0.14
0.01

Zagami

3.5

50
150
350
600

40
100
250
475

9
16
15
20

-4.85
4.29
4.50
17.02

-4.86
4.28
4.49
16.88

-2.45
2.29
2.44
8.90

-2.45
2.29
2.44
8.86

0.07
0.06
0.10
0.08

0.09
0.08
0.12
0.11

Chassigny*

2.07

150
350
600
1000

88
250
475
800

17.3
20.6
16.2
4.3

5.20
-11.67
-2.09
-13.37

5.19
-11.74
-2.09
-13.46

2.79
-5.98
-0.74
-6.22

2.79
-6.00
-0.74
-6.24

0.09
0.11
0.35
0.76

0.09
0.11
0.35
0.76

Lafayette*

2.99

150
350
600
1000

88
250
475
800

112.8
108.6
75.1
24.3

5.73
11.44
6.10
5.28

5.71
11.38
6.08
5.27

3.09
6.22
3.75
3.30

3.09
6.20
3.74
3.29

0.11
0.29
0.58
0.56

0.11
0.29
0.58
0.56

Nakhla*

2.09

150
350
600
1000

88
250
475
800

24.5
26.3
13.5
1.5

-0.98
-3.57
3.01
2.27

-0.98
-3.58
3.01
2.27

-0.30
-1.48
2.46
1.99

-0.30
-1.48
2.46
1.99

0.21
0.38
0.89
0.81

0.21
0.38
0.89
0.81

***
Shergotty*

3.09

150
350
600
1000

88
250
475
800

13.8
19
12.9
9.5

1.76
-10.09
-8.16
-10.44

1.76
-10.14
-8.19
-10.49

1.12
-5.14
-4.44
-5.28

1.12
-5.15
-4.45
-5.29

0.20
0.12
-0.19
0.16

0.20
0.12
-0.19
0.16

Zagami-1*

2.93

150
350
600
1000

88
250
475
800

11.6
11.8
5.5
5.1

-2.03
-11.04
-3.28
-15.36

-2.03
-11.10
-3.29
-15.48

-0.65
-5.43
-1.05
-7.48

-0.65
-5.44
-1.05
-7.51

0.41
0.33
0.66
0.54

0.41
0.33
0.66
0.54

Zagami-2*

3.43

150
350
600
1000

88
250
475
800

11.8
14.4
7.9
7.2

-3.48
-11.02
-6.23
-13.47

-3.49
-11.08
-6.25
-13.56

-1.58
-5.50
-3.10
-6.69

-1.58
-5.52
-3.10
-6.71

0.23
0.25
0.14
0.34

0.23
0.25
0.14
0.34

EET-A*

3.06

150
350
600
1000

88
250
475
800

22.3
20.5
7.8
4.1

-16.60
-16.65
-21.13
-20.94

-16.74
-16.79
-21.36
-21.16

-8.65
-8.64
-10.82
-10.90

-8.69
-8.68
-10.88
-10.96

0.02
0.05
0.23
0.04

0.02
0.05
0.23
0.04

50
150
320
500
1000

35
100
235
410
750

21.1
18.2
7.7
3.6

-11.05
-1.79
-2.14
-0.48
5.91

0.28
0.23
0.32
0.37
0.18

0.28
0.23
0.32
0.37
0.18

***
NWA 7034**

1.23

-21.78
-3.88
-4.73
-1.63
11.02
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compared to other temperature intervals. The difference in the amount of extracted water
between temperature intervals should be considered when interpreting the results.
Analysis of the waters extracted from the Martian nakhlite NWA-10153 revealed a
different overall Δ’17O trend from that of shergottites. The low temperature (<150°C)
waters extracted from NWA-10153 showed a relatively terrestrial oxygen isotope signature
(Δ’17O»0.0‰). Water extracted from NWA-10153 between 150 and 300°C had a Δ’17O
value of 0.29‰ and is the only water sample in this study to plot in the bulk SNC silicate
Δ’17O range. Waters extracted from NWA-10153 at temperatures above 300°C had D17O
values of 0.50-0.55‰, higher than bulk SNC silicate values (see Table 2.3). Unlike the
shergottites, the highest temperature water (600-1000°C) extraction from NWA-10153
yielded a large sample (>20µmoles) which had a high Δ’17O value (0.55‰), the highest
Δ’17O value of any Martian water measured in this study.

2.4.4 Water and hydroxyl oxygen isotope exchange experiment

Low temperature water (100-150°C) extracted from a basalt sample exposed to
isotopically spiked water vapor (δ18O=8000‰) had a Δ’17O value of 515‰. This was
expected since adsorbed water readily exchanges with atmospheric moisture. After this low
temperature extraction, 5 VSMOW water standard samples were analyzed until most of the
isotopic contamination from the spiked sample was removed and Δ’17O measurements of
VSMOW returned to <1.0‰. Oxygen isotope analysis of intermediate temperature water
(150-350°C) yielded a Δ’17O value of 328‰. The contamination was again removed from
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the system by analyzing consecutive VSMOW samples until the Δ’17O returned to <1.0‰.
Water extracted from the sample between 350-1000°C had a much higher than expected
Δ’17O value of 86‰. Another portion of the “contaminated” basalt sample, which was
dehydrated up to 350°C, was then used to further resolve the degree of contamination in
high temperature waters (OH groups). Waters extracted between 350 and 600°C had a
Δ’17O of 187‰ while waters extracted between 600 and 1000°C had a Δ’17O of 76‰. The
data indicates that the effect of water oxygen isotope exchange extends to the high
temperature hydroxyl groups of hydrous minerals within the sample. It is not known
whether the exchange happens during heating as the water is extracted or at room
temperature during the exposure experiment. The result, however, is the same. Rock water
exchange with atmospheric moisture extends beyond the adsorbed waters and does
influences the isotopic composition of water extracted at high temperature.

2.4.5 Distribution and composition of hydrous phases in Martian meteorite Zagami

Results of statistical analysis of the qualitative maps of Zagami thin sections are
reported in Table 2.4 in area percent. Majority of the phosphate assemblage in both thin
sections is made up of anhydrous mineral merrillite. 0.17% of the area of the thin sections
is occupied by apatite (possibly containing OH). Of the present apatite 0.11A% is Cl-rich
apatite while 0.06A% is F-rich apatite. No amphibole minerals were observed on the largescale qualitative maps of Zagami thin sections 998 and 1094. The mineral grains in the
Table 2.4 Mineral composition of Zagami thin sections 998 and 1094 reported in area percent (A%)
Thin Section
998
1094

Pyroxene

Maskelynite
78.23
78.28

19
19.1
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Iron-titanium oxides
Phosphate minerals
1.27
1.5
1.12
1.5

samples showed uniform distribution. Typical fine-grain normal Zagami foliated texture
produced by preferential orientation of pyroxene and maskelynite grains, originally
reported by Stolper and McSween 1979 and McCoy et al. 1992, was also observed in the
samples.
Based on data collected from single-point quantitative analysis a ratio of apatite
OH site occupancy in the F-rich portion was calculated to be OH0.122, F1.679, Cl0.199. This
indicates that OH sites in the F-rich apatite are occupied by 83.9% fluorine, 6.1% OH and
10% chlorine. By combining the calculated percentage of OH in the F-rich apatite grains
and the distribution of F-rich apatite in Zagami, it was determined that F-rich apatite-bound
OH makes up 0.013 wt% of Zagami (130 ppm). By applying the same OH occupancy value
to the Cl-rich apatite portion of Zagami it was calculated that the Cl-rich portion could
store 0.0238 wt% (238 ppm) OH. In total the apatite OH storage capacity in Zagami was
determined to be 0.0369 wt% (369 ppm).

2.5 Discussion

2.5.1 Three reservoirs

Measurements of oxygen isotope composition of water extracted from Martian
meteorites conclusively support previous reports (Karlsson et al., 1992; Agee et al., 2013;
Ziegler et al., 2013) that the water within Martian meteorites is not in isotopic equilibrium
with the bulk rock silicate portion. Δ’17O values of waters extracted from Martian
meteorites fall both above and below the SNC silicate oxygen isotope composition range.
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This indicates that at least three isotopically distinct reservoirs of water are represented
within these samples. The first reservoir is the original Martian mantle water, which is
presumably in isotopic equilibrium with the oxygen isotope composition of silicate rock
and has a Δ’17O value of »0.3‰ (Clayton and Mayeda, 1983; Franchi et al., 1999; Rumble
and Irving, 2009). The second reservoir is also Martian in origin but has an elevated Δ’17O
value. The third reservoir is terrestrial water which, by definition, has a Δ’17O of 0.0‰.
The interaction of these three isotopically distinct water reservoirs, two of which are
Martian and one terrestrial, defines the isotopic composition of the waters extracted from
Martian meteorite samples.
When the results of this study are analyzed cooperatively with work done by
Karlsson et al., (1992) and Agee et al., (2013) two clear trends appear based on the oxygen
isotope composition of extracted waters (figure 2.3 a and b). In one group of meteorites we
see a mixing trend between Martian mantle waters and terrestrial waters (contamination).
In the other group, we see the same mixing between Martian mantle waters and terrestrial
waters but we also see a contribution from the elevated Δ’17O Martian water reservoir. The
distinction between the two groups is also supported by mineralogy and rock type of the
meteorites. The first group, showing two component mixing, is made up only of shergottite.
The second group which shows elevated Δ’17O reservoir contribution includes nakhlites
Nakhla, Lafayette and NWA-10153 as well as Chassigny. This suggests a clear correlation
between the geologic history of the samples and the oxygen isotope composition of the
waters within each sample.

2.5.2 Two component mixing in shergottites.
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Except for one single analysis of Martian meteorite Zagami, done by Karlsson et
al., (1992), the Δ’17O of waters extracted from shergottites are below the SNC silicate value
(<0.3‰). This trend holds true for all waters extracted at different temperatures from
Shergotty, EETA-79001A, Zagami (two different samples), Tissint, and NWA-7042
(figure 2.3a). Based on the water isotopic exchange experiment, done as part of this study,
we propose that the Δ’17O values of the waters extracted from these samples are a product
of mixing between Martian mantle water and terrestrial moisture (contamination). Such
contamination could easily produce the observed effect. Original Martian mantle water, in
isotopic equilibrium with silicate oxygen (»0.3‰), mixed with terrestrial moisture of
»0.03‰ (Barkan and Luz, 2005) would producing an isotopic composition which falls
between the two endmembers. This is exactly what we observe in the isotopic composition
of waters extracted from shergottites. The low temperature (<150°C) waters extracted from
these samples generally have the lowest Δ’17O values, similar to those of terrestrial
meteoric waters. This is because adsorbed waters readily undergo exchange with terrestrial
moisture. Waters extracted between 150 and 600°C generally have the highest Δ’17O values
and the oxygen isotope composition of these waters is close to the SNC silicate oxygen
isotope composition. However, the Δ’17O values of these intermediate temperature waters
are <0.3‰ indicating that terrestrial contamination is present. The measured isotopic
composition of high temperature waters (>600°C) present a bit of a mystery. Since these
high temperature waters (OH groups) are the least likely to experience terrestrial
contamination it would be logical to expect these waters to preserve their original isotopic
composition. However, the Δ’17O of these waters span the whole range of Δ’17O values
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from terrestrial 0.03‰ to Martian SNC values of 0.3‰. This observed trend could be due
to the small sample size of these high temperature waters. The smaller the original reservoir
the more likely it is to be affected by terrestrial contamination both during normal exposure
to atmospheric moisture and the water extraction procedure.
The assumption that the original formation waters in shergottites are in isotopic
equilibrium with the silicate portion is made based on analysis of terrestrial samples. High
temperature waters (>600°C) extracted from terrestrial basalts have negative Δ’17O values
between -0.05 and -0.1‰ ±0.02‰. Work done on terrestrial silicate samples, thought to be
representative of Earth mantle values, has yielded a similar range of Δ’17O (Herwartz et al.,
2014; Sharp et al., 2016). This correlation indicates that the high temperature formation
waters extracted from terrestrial basalt samples are in isotopic equilibrium with the silicate
portion.
Fluorine/chlorine zoning in the Martian basaltic shergottite Zagami presents
additional support for isotopic equilibrium between the origin water and the silicate
portion. A study by McCubbin et al. (2015) determined that for a basaltic melt the mineralmelt partition coefficients (D values) for OH site elements in apatite are DFAp.-melt = 4.4-19,
DClAp.-melt = 1.1-5, DOHAp.-melt = 0.07-0.24. Since F has a much higher partition coefficient
than Cl and OH it is preferentially incorporated into the apatite grain as the melt begins to
crystalize. Once F is exhausted Cl becomes the dominant element in the OH site of apatite
grains. The apatite grains in Zagami are interstitial and element partitioning occurs on a
small scale within isolated pockets of grain boundary melt. This produces the irregular
zoning characteristics observed in Zagami apatite. Essentially, the distribution of F and Cl
follows the cooling history of each individual apatite grain. The partitioning of OH into the
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apatite remains relatively constant up to the point where Cl occupancy in the apatite OH
site reaches approximately 80% at which point the OH partitioning drastically decreases
until Cl is exhausted (McCubbin et al., 2016). Once Cl is exhausted OH dominates the
structure of the apatite until OH is no longer available and merrillite (Ca9NaMg(PO4)7)
becomes the dominant phosphate mineral (McCubbin et al., 2016). This transition to
merrillite is exactly what is observed in Zagami and indicates complete removal of the
volatile components OH, F and Cl from the melt. Since the available OH in the melt is
wholly incorporated into the apatite grains no significant isotopic fractionation should
occur. Thus, the OH groups in the sample must initially have had a Martian mantle-like
oxygen isotope composition.
Similar two reservoir mixing could be responsible for the Δ’17O trend of waters
extracted from NWA-7034 (Agee et al., 2013). In the case of NWA-7034 the Δ’17O of the
bulk rock silicate portion is elevated relative to SNC group meteorites and the Δ’17O of the
extracted waters group roughly in the bulk SNC range. The average Δ’17O value of silicate
oxygen of NWA-7034 is 0.58‰ while the Δ’17O values of the extracted water range from
0.18‰ to 0.37‰ (Agee et al., 2013). Even though the actual Δ’17O values are different, the
offset between the water and silicate oxygen isotope composition is comparable to the
offset measured in shergottites. It is possible that the Martian water in NWA-7034 was in
isotopic equilibrium with the silicate portion but has since experienced exchange with
terrestrial water vapor. This exchange has resulted in a Δ’17O shift of the extracted waters
towards more terrestrial values.
The one sample that does not follow this trend is an aliquot of Martian shergottite
Zagami measured by Karlsson et al., (1992). Waters extracted from this sample had
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elevated Δ’17O values above bulk SNC Δ’17O range. It is possible that this aliquot of
Zagami contained shock melt inclusions with trapped near-surface Martian waters. Due to
the large sample size used (2.93g) it is conceivable that the presence a melt inclusion may
have been overlooked during analysis. One other outlier in the dataset is the Δ’17O of water
extracted from Shergotty between 350-600°C by Karlsson et al., (1992). This analysis
yielded an extreme negative Δ’17O outlier of -0.19‰. It is possible that this measurement
hints at the existence of a 17O depleted reservoir on Mars. However, as this is the only data
point with such a negative value it is possible that it is simply an analytical outlier.

2.5.3 Three component mixing in nakhlites and Chassigny

High temperature (>350°C) water extracted from nakhlites and Chassigny have
Δ’17O values that range from 0.48‰ to 0.89‰ (figure 2.3b), significantly higher than the
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SNC oxygen isotope composition range. It appears that these high-temperature waters
preserve the oxygen isotope contribution from a high Δ’17O Martian water reservoir. Based
on the presence of pre-terrestrial clay-rich alteration product iddingsite, halite and oxyhydroxides in nakhlites and low temperature alteration carbonates, sulfates and oxides in
Chassigny, these samples likely interacted with extraterrestrial near-surface water
(Ashworth and Hatchison, 1975, Bunch and Reid, 1975; Reid and Bunch, 1975; Gooding
et al., 1991; Treiman et al., 1993; Bridges and Grady, 1999; Sawyer et al., 2000; Bridges
et al., 2001) Thus, it is likely that the elevated Δ’17O value of these high temperature waters
is a record of that interaction. The oxygen isotope composition of the near-surface Martian
waters is also preserved in the non-water oxygen component of the alteration minerals.
Oxygen isotope composition analysis of carbonates and water-soluble sulfates in Nakhla
and Lafayette was done by Farquhar and Thiemens (2000). Their work showed that these
alteration minerals are enriched in 17O with water-soluble sulfate from Nakhla having the
highest Δ17O values of 1.4‰ (Farquhar and Thiemens, 2000). The water isotopic exchange
observed in our experiment, over a course of one year, indicates that long term interaction
between rock and water/water moisture can affect the isotopic composition of high
temperature waters. By the same mechanism, the original isotopic composition of waters
within nakhlites and Chassigny was likely changed by long-term interaction with Martian
near-surface waters. It is important to mention that the high temperature water yield from
nakhlites and Chassigny is much greater than the high temperature water yield from
shergottites.
The measured oxygen isotope composition of waters extracted from nakhlites and
Chassigny samples are likely not entirely representative of any one isotopic reservoir. More
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realistically, each of the extracted waters records the influence of all three isotopically
distinct water reservoirs. The original formation waters in nakhlites and Chassigny were
most likely in isotopic equilibrium with the silicate portion and had a Δ’17O value of
approximately 0.3‰. Through hydrothermal interaction with

17

O enriched near-surface

Martian waters the Δ’17O of the waters in the samples was elevated. Once the samples
arrived on Earth, terrestrial moisture began to exchange with the waters within the samples
altering the oxygen isotope composition of the extraterrestrial water. This exchange
happens fastest in the adsorbed and low temperature mineral waters. Thus, the low
temperature (<150°C) waters extracted from nakhlites and Chassigny show a significant
Δ’17O shift towards terrestrial values. The Δ’17O values of intermediate temperature waters
(150-350°C) extracted from nakhlites and Chassigny range between 0.29‰ and 0.38‰.
The isotopic composition of these waters is likely a mixture of the original formation
waters (»0.3‰) the Martian surface waters, elevated in

17

O, and of terrestrial moisture

contamination (»0.03‰). The high temperature waters (>350° C) experience the slowest
rate of exchange with terrestrial moisture. Thus, they better preserve the extraterrestrial
water and the isotopic contribution form the elevated

17

O Martian near-surface water

reservoir.

2.5.4 Δ’17O of Martian surface/near-surface waters

The oxygen isotope composition of waters extracted from Martian meteorites
represent the mixing of three isotopically distinct reservoirs. The original mineral
formation waters, in equilibrium with the silicate portion, the terrestrial contamination
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waters and most interestingly the elevated Δ’17O Martian near-surface waters. As we do
not know what percentage of the original high temperature formation waters was replaced
by Martian near-surface water we cannot back-calculate the actual Δ’17O of the Martian
near-surface water reservoir. However, the Δ’17O value of the near-surface Martian water
reservoir has to be as high or higher than the highest Δ’17O measured in waters extracted
from Martian meteorites. In this study, the highest Δ’17O value was measured in the 6001000°C temperature water extracted from nakhlite NWA-10153. This water sample had a
Δ’17O=0.55‰. Therefore, based on our works, the Δ’17O of the Martian near-surface water
reservoir has to be at least 0.55‰ ±0.05‰ or greater. The highest 17O surplus outside our
work was measured in water extracted from Nakhla by Karlsson et al, (1992) between
temperatures of 350 and 600°C. This water sample had a Δ’17O of 0.89‰. The second
highest Δ’17O value of 0.73‰ was measured in a water sample extracted from Chassigny
at temperatures between 600 and 1000°C (Karlsson et al., 1992). Based on Karlsson et al.,
(1992) data, the Δ’17O of the Martian near-surface water reservoir has to be equal to or
greater than 0.89‰ ±0.1‰. This estimate is consistent with Δ’17O=0.8±0.05‰ of
carbonate minerals in ALH 84001 measured by Farquhar et al., (1998). Δ’17O of watersoluble sulfate from Nakhla, measured by Farquhar and Thiemens, (2000) suggests that the
Δ’17O of Martian near-surface waters could be as high as 1.4‰.

2.5.5 The origin of 17O surplus in Martian near-surface waters

Evidence for the existence of a

17

O enriched reservoir on planet Mars has been

identified by several authors in Martian waters and secondary mineral phases (Karlsson et
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al., 1992; Romanek et al., 1994; Clayton and Mayeda, 1996; Farquhar et al., 1998; Franchi
et al., 1999; Farquhar and Thiemens, 2000; Agee et al., 2013). It has been proposed that
the observed 17O excess is representative of the atmosphere and hydrosphere (surface and
near-surface waters) of Mars (Farquhar and Thiemens, 2000). This 17O enriched reservoir
is distinctly different from the oxygen isotope composition of the silicate portion of Mars.
This leads to the big question: how did two reservoirs with such distinct oxygen isotope
compositions evolve on planet Mars? To answer this question, we must first define the
system boundaries of each reservoir. First, the two reservoirs must be practically isolated
from one another with only limited oxygen isotope exchange between the two reservoirs.
If this was not true the two reservoirs would equilibrate and no isotopic heterogeneity
would be observed. Second, the hydrosphere and atmosphere of Mars should be treated as
two parts of a single reservoir. Near surface waters will inevitably interact with the Martian
atmosphere and vice versa through evaporation and regolith absorption. Orbital and rover
measurements dating back to the Viking mission show evidence for substantial diurnal
water vapor exchange between the atmosphere and the regolith of Mars (Farmer et al.,
1977; Jakosky and Farmer, 1982; Jakosky et al., 1997; Smith, 2004; Tschimmel et al.,
2008; Smith, et all., 2009; Pankine et al., 2010; Maltagliati et al., 2011; Maltagliati et al.,
2013; Steele, et al., 2017). The isotopic exchange between these two components is likely
relatively slow but significant over long periods of time and affects the isotopic
composition of all near surface water on Mars. Based on this framework we can safely
make the following speculations. The oxygen isotope composition of silicate rocks on Mars
was primarily defined during planetary accretion of Mars and has not changed significantly
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though time. The oxygen isotope composition of the Martian atmosphere and near–surface
water has evolved over time to its present-day composition defined by a surplus of 17O.
Within the defined framework, we can present several possible mechanisms for 17O
enrichment of the Martian atmosphere and near-surface waters. It has been proposed that
the observed 17O surplus of the near surface Martian waters is due to cometary influx of
water during the planet’s history (Farquhar and Thiemens, 2000). Conceptually this
mechanism is appealing especially in the context of a solar system Δ’17O gradient caused
by nebular self-shielding during cosmic ray dissociation of oxygen bearing molecules such
as CO (Thiemens and Heidenreich, 1983). Because of the mass-impendent fractionation
nature of the process, materials which form in the outer solar system would have a surplus
of 17O relative to the materials which form near the center of the solar nebula. Thus, outer
solar system (Kuiper belt) waters should have a surplus of

17

O and if these waters are

delivered to a planetary body such as Mars the isotopic signature of those waters will be
imprinted on the waters of that planetary body. However, recent work on cometary
materials has shown that a significant heterogeneity (Δ17O from -5‰ to +1‰) in the
oxygen isotope composition exists and most cometary materials have negative Δ’17O
values (McKeegan et al., 2006; Nakamura et al., 2008; Ogliore et al., 2012; Nakashima et
al., 2012). This data indicates that cometary contribution to Martian waters would not
necessarily result in the 17O surplus measured in Martian near-surface waters. Furthermore,
cometary water contribution to Mars are estimated (based on data from Grinspoon and
Lewis, 1988) to be approximately 0.5m over the planet’s surface over a time span of 3.8
billion years (Krasnopolsky, 2002). A relatively small contribution to the total water budget
of Mars.
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It is more likely that the

17

O surplus measured in Matrian waters and secondary

minerals is primarily a product of ongoing oxygen isotope fractionation effects happening
in the regolith, on the surface and in the atmosphere of Mars. Due to the mass difference
between the tree isotopes of oxygen, mass-dependent isotopic fractionation mechanisms
follow a predetermined relationship where δ17O»0.52*δ18O. Therefore, during equilibrium
mass-dependent fractionation no significant enrichment in 17O occurs relative to 18O. Any
minute enrichment in

17

O by a mass-dependent process would also produce a very high

δ18O value. This has not been observed in any of the Martian waters or secondary alteration
minerals studied by Farquhar and Thiemens, (2000) and Farquhar et al., (1998). Therefore,
it is not likely that the surplus of 17O in Martian near surface waters is a product of massdependent fractionation. Most likely, the 17O surplus of the near-surface Martian waters is
a product of mass-independent fractionation.
Many gas phase photochemical reactions have been found to result in massindependent oxygen isotope fractionations (Thiemens, 1999; Farquhar and Thiemens,
2000; Thiemens et al., 2012). On Earth, many of these chemical reactions are inhibited by
the presence of molecular oxygen in the atmosphere. Most of the necessary ultraviolet
energy (λ<310 nm) needed to initiate such reactions is absorbed by and drives the
dissociation of ozone (Ball et al., 1997; Johnston and Thiemens, 1997). In an atmosphere
without molecular oxygen however, many other photochemical reactions could take place
(Velivetskaya et al., 2016). Of particular interest is the direct photodissociation of H2O to
produce H2O2 through the following reactions: H2O+hv(λ<190 nm) à H+OH followed
by OH+OHàH2O2 (Velivetskaya et al., 2016). It has been shown that during
photochemical formation of hydrogen peroxide (H2O2) oxygen undergoes a significant
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mass-independent fractionation (Savarino and Thiemens, 1997; Velivetskaya et al., 2016).
H2O2 experimentally produced in an oxygen free environment by Velivetskaya et al.,
(2016) had a significant increase in 17O (Δ17O»1.4‰) with no change in δ18O relative to
the original water. Since hydrogen peroxide is an oxidizer it readily reacts with other
species and H2O is a common reaction byproduct. Alternatively, H2O2 can dissociate
following the reaction 2H2O2à2H2O+O2. Inevitably the H2O inherits the

17

O enriched

isotope signature of the H2O2. In the case of planet Mars, this mass-independent
fractionation process could have occurred in the atmosphere and even on the planet’s
surface since there is no O3 to block the incoming ultraviolet radiation. Over geologic time
the effect of this process could have raised the concentration of 17O in Martian near-surface
waters. Undoubtedly, this is not the only mass-impendent fractionation process at work on
Mars. Many other gas phase chemical reactions have also been proposed as mechanisms
to drive

17

O enrichment in Martian near–surface waters. These mass-independent

fractionation reactions are based on the photochemical effects on various gas phase species
such as carbon monoxide (Huff and Thiemens 1998; Rockmann et al., 1998; Thiemens and
Heidenreich, 1983), nitrous oxide (Cliff and Theiemens, 1997), sulfate species (Lee et al.,
1998) and carbon dioxide (Savarino et al., 1998). In reality the 17O enrichment measured
in Martian waters and secondary minerals is most likely a product of all the abovementioned mechanisms.
Another big question relating to the 17O enrichment of Martian near-surface waters
is the fate of the 17O depleted component. From a classical mass balance perspective, any
enrichment in one reservoir must be balanced by a depletion in another reservoir. So far,
no conclusive evidence of a

17

O depleted reservoir has been presented. It has been
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suggested that oxidized minerals in the Martian regolith could be a sink of 17O depleted
oxygen (Farquhar and Thiemens, 2000). If we consider the decomposition reaction for
hydrogen peroxide 2H2O2à2H2O+O2 the oxidation of regolith minerals by released
molecular O2 is a likely possibility. Another possible sink is the direct loss of 17O depleted
oxygen/oxygen bearing species to space following mass-independent photochemical
reactions. Many of the created/remaining species following photochemical reactions are
lighter than the CO2 dominated atmosphere of Mars (Barth, 1974; Owen et al., 1977; Nair
et al., 1994). Thus, it would be possible for these species to remain in the atmosphere and
possibly escape into space. This is especially relevant when CO2 is photolyzed by
ultraviolet radiation. After CO2 is dissociated by UV light (<228 nm) following the reaction
CO2+hvàCO+O, CO+O recombination is significantly slower than the reaction between
two oxygen atoms to form O2 (Nair, et al., 1994). Therefore, the Martian atmosphere should
contain a significant amount of CO and O2 but the concentrations of the two species are
significantly lower (Nair, et al., 1994). Most investigations of this discrepancy and into the
evolution of the atmosphere of Mars agree that a large portion of the molecular oxygen is
lost to space (Anderson and Hord, 1971; Lundin et al., 1989; Nair et al., 1994; Brain and
Jakosky, 1998; Chassefiere and Leblanco, 2004). Solar wind play a key role in the actual
mass removal of oxygen from the Martian atmosphere through ion puck-up (Lundin, et al.,
1989; Chassefiere and Leblanco, 2004; Rahmati, et al., 2015). Possible oxygen escape flux,
due to solar wind, has been estimated to be as high as 7x1027ions/second (Lundin, et al.,
1989) Even with a more conservative flux estimate and a low atmospheric oxygen (O2+)
ionization rate, the loss of oxygen to space is substantial and could function as a sink of
17

O depleted oxygen.
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3. High Precision Triple Oxygen Isotope Calibration of Terrestrial Water Standards
VSMOW and SLAP

3.1 Abstract

In order to measure the triple oxygen isotope composition of water a direct water
fluorination line was built and calibrated to the VSMOW-SLAP water standard scale.
Water was fluorinated using BrF5 reagent and the liberated O2 gas was measured using
gas source stable isotope ratio mass spectrometry. The analytical procedure was refined
to yield a Δ17O precision of 0.005‰ (1σ) and a δ18O precession of 0.05‰ (1σ). The system
was used to make high-precision measurements of water standards VSMOW and SLAP.
δ18O measurements were used to determine the linearity of the experimental system
between 0.0‰ (VSMOW) and the extreme negative outlier SLAP at -55.5‰. The measured
Δ’17O values were used to determine that a 0.02‰ correction was required for all Δ’17O
measurements made with the system. Due to the ever-improving resolution of Δ’17O
measurements, such system/laboratory corrections are crucial to Δ’17O analysis and interlaboratory data comparisons. Here it is shown that in addition to establishing δ18O
linearity, the VSMOW-SLAP scale provides a convenient reference for determining
system/laboratory Δ’17O corrections.

3.2 Introduction
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Vienna Standard Mean Ocean Water (VSMOW) and Standard Light Antarctic
Precipitation (SLAP) are two quintessential isotopic water standards. All laboratory
analysis of the isotopic composition of oxygen or hydrogen extracted from water samples
must be made relative to these two water standards. For this reason, laboratories that
conduct isotopic analysis of water must inevitably calibrate their instrumentation and
analytical procedures to VSMOW and SLAP water standards. This work focuses primarily
on the relevance of these water standards to isotopic measurements of oxygen. Oxygen
isotope measurements are reported in standard δ notation where 𝛿 =

#$%&'()
#$*%+,%-,

−1 ∗

1000 and where R is the ratio of the heavy isotope to the light isotope, as in R=(18O/16O).
By definition the δ18O value of VSMOW is equal to 0‰ and SLAP has a δ18O values of 55.5‰ (Hut, 1987; Coplen, 1994). Because of the large spread in δ18O values between
VSMOW and SLAP the two standards are used in tandem as a two-point calibration
system. The measured δ18O value of VSMOW is used to calibrate the δ18O=0‰ of the δ18O
scale and the measured δ18O value of SLAP is used to determine the squeeze/stretch factor
of the δ18O scale for a particular experimental system.
Measurements of δ17O have historically been relevant only to extraterrestrial
applications since extraterrestrial materials often show large

17

O anomalies (McKeegan

and Leshin, 2001). In the past terrestrial variability in δ17O has been largely overlooked
because it was below the detection limit of most instruments. However, improvements in
the accuracy of isotopic ratio measurements have made it possible to accurately measure
terrestrial δ17O variability. Data in triple oxygen isotope space is presented in terms of δ18O
(domain) vs. δ17O (range). Since 16O is included in the calculation of both the δ17O and
δ18O values, the data can be plotted on a simple x-y graph. The slope (θ) of the water
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fractionation line within the triple oxygen space can be calculated as θ345 =
678 9: 4678 9;
67< 9: 467< 9;

, where point A is the measured values of VSMOW and point B the measured

values of SLAP. Applying this procedure to measured VSMOW and SLAP values yields
a θ value of 0.528 (Schoenemann et al., 2013). Using this known θ slope, a theoretical δ17O
value can be calculated from any δ18O water measurement using the formula δ17O=θ*δ18O.
This deviation from the theoretical value is known as Δ17O and is defined as Δ17O=δ17Oθ*δ18O.
The Δ17O value of VSMOW is =0‰ since Δ17O=δ17O-θ*δ18O and both δ17O and
δ18O of VSMOW are equal to 0. Similarly, the Δ17O of SLAP is also 0 because the
measured δ17O=29.7‰ and δ18O=55.5‰ were used to constrain the slope of the terrestrial
fractionation line θ. Using the calculated θ=0.528 value any sample analyzed for oxygen
isotope composition can be compared to the theoretical norm established by the VSMOW
and SLAP standards. However, there is a linearity consideration that must be addressed
when working in the triple oxygen space. The identity Δ17O=δ17O-θ*δ18O is an
approximation derived from the power law α17/16=(α18/16) θ (Clayton and Mayeda, 1996;
Miller, 2002). For the data to correctly plot as a linear function it must be linearized using
the following equation 𝛿’ = 1000 ln

6
@AAA

+ 1 (Miller, 2002). Note that delta prime (δ’

or Δ’) notation indicates that the data has been linearized.
It has been demonstrated that the only way to obtain precise δ17O measurements is
by mass spectrometric analysis of pure O2 (Barkan and Luz, 2012). Presently there are
three established methods for breaking the oxygen-hydrogen bond of water with little to
no isotopic fractionation. These methods include electrolysis (Meijer and Li, 1998), direct
fluorination by F2 or BrF5 (O’Neil and Epstein, 1996) and solid reagent (CoF3) fluorination
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(Lantz, 1967). So far the electrolysis method is insufficient for high precision
measurements of δ17O. The best analytical precision for this method to date is 0.07‰ and
0.1‰ for δ18O and δ17O respectively (Meijer and Li, 1998). Solid reagent fluorination using
CoF3 has recently become the most widely used of the three methods. The popularity of
this approach is largely because CoF3 is far less hazardous than F2 and BrF5 and the fact
that the accuracy of this method has been greatly improved notably by Barkan and Luz,
(2012). However, despite the recent improvements to the solid reagent fluorination method,
direct water fluorination using F2 or BrF5 is universally accepted as a reliable method
capable of yielding the highest precision.
Direct BrF5 fluorination of water was first done by O’Neal and Epstein (1966). The
procedure was based on previous work by Hoekstra and Katz (1953), who used BrF5
fluorination to measure total oxygen in metal and mineral oxides, as well as the work of
Clayton and Mayeda (1963) who used the process to liberate oxygen from mineral samples.
Water

Fluorination

with

BrF5

proceeds

per

the

following

reaction:

@

BrF5+H2OàBrF3+2HF+ O2 (O’Neal and Epstein, 1966). In the original work by O’Neal
C

and Epstein (1966) the liberated O2 was converted to CO2 prior to making isotopic ratio
measurements. This approach was suitable since the authors were only measuring δ18O of
the samples. However, the conversion to CO2 makes it impossible to accurately measure
δ17O due to mass interference from other isotopes (13C and 18O) which combine to make
CO2 molecules of atomic mass 45. To accurately measure δ17O ratios pure O2 must be
analyzed by isotope ratio mass spectrometry. For water samples this was first done by
Jabeen and Kusakabe (1997) and their work greatly improved the accuracy of the direct
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water fluorination method, yielding δ17O and δ18O precession of approximately 0.1 ‰ and
0.15‰ respectively.
Here we summarize and implement all the improvements made to the direct water
fluorination method to date. The VSMOW-SLAP calibration procedure, described herein,
was conducted to establish an up to date water standard calibration for the Center for Stable
Isotopes at the University of New Mexico and to calibrate laboratory in-house water and
silicate standards. The data was also used by Sharp et al., (2016) to further constrain the
Δ17O value of San Carlos olivine standard for inter laboratory comparisons. The analytical
goal of this study was to achieve a Δ17O precision of 0.005‰ (1σ) and a δ18O precession
of 0.05‰ (1σ).

3.3 Procedure

For this work, pristine VSMOW and SLAP water standards were obtained. These
water standards were handled and used with utmost care to prevent isotopic fractionation
due to evaporation or equilibration with atmospheric H2O. Water standards were
Fluorinated with high purity BrF5 to break the OH bonds and free the oxygen. The liberated
O2 was then purified and analyzed using a ThermoFinnigan MAT 253 gas source dual inlet
isotope ration mass spectrometer. The analytical procedure is very susceptible to errors and
works reliably only when all the details are observed and followed with exactness.

3.3.1 Water fluorination
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3.3.1.1 Overview of water fluorination line

Figure 3.1 shows a schematic design view of the water fluorination system.
Through experimentation it was found that using U traps instead of “fingers” for both the
primary water trap and the reaction chamber (bomb) greatly improved the reproducibility
of the process. It is not certain exactly why U traps yielded better reproducibility but they
do offer some obvious advantages. When moving water vapor molecules in a vacuum using
a temperature gradient, a U trap offers only a single path while a T connection to a cold
finger offers an extra path for the randomly moving molecules to follow. The random
motion of the molecules will inevitably transport all of water vapor to the cold finger but
if the process is rushed some of the vapor molecules may not condensed in the cold finger
and fractionation will occur. From a statistical perspective, a U trap greatly reduces this
problem. A U trap also provides the advantage of a uniform pressure/vacuum gradient
throughout the fluorination line.
The primary water trap was constructed using a ¼ inch OD (Outer Diameter) Cajon
glass metal joint and a length of ¼ inch OD Pyrex glass tubing. The glass end of the joint
was welded to the glass tubing to make a 12 inch Pyrex glass segment with ¼ inch stainless
steel end. The glass portion of the segment was then heated (blown) in order to shape it
into a U with the glass end facing straight up and the stainless steel end bent 90 degrees
away from the trap (see figure 3.1). A Cajon Ultra Torr ¼ inch union was fitted on the
glass end of the U trap and a rubber septum was loaded into the outer end of the union. The
stainless steel end of the U trap was swaged on to the rest of the line using standard ¼ inch
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Swagelok components. Glass construction was chosen for the primary water trap to allow
visual monitoring of the injection process.
The reaction trap was constructed from ¼ inch OD pure nickel (nickel 200 alloy)
tubing with a wall thickness of 0.022 inch. Internally electro-polished stainless steel tubing
was originally used for the reaction chamber but yielded inconsistent results. Pure nickel
appeared to be the ideal material for containing the water fluorination reaction. It is
important to mention that each new nickel reaction chamber did require “conditioning”
prior to correct operation. The conditioning process consisted of about 7 to 10 back-toback water fluorination reactions.
To contain the water fluorination reaction, two ¼ inch Swagelok stainless steel
bellows sealed valves with stainless steel tips were used (part SS-4H). These valves have
a maximum temperature rating of 315°C and are not damaged by the repeated heating of
the fluorination U trap. The stainless steel tip used in these valves resisted corrosion and
surface damage by BrF5 better than alternative valve tip materials. The stainless steel
construction of the containment valves did not appear to have an adverse effect on the water
fluorination reaction likely because the valves themselves were never heated to as high a
temperature as the nickel reaction U trap. All other portions of the water fluorination line
were constructed using internally electro-polished stainless tubing and Swagelok alloy
400/R-405 (Monel) tube fittings. However, alloy 400/R-405 is not required for the tube
fittings and the use of 316 stainless steel would have been acceptable.

3.3.1.2 Water injection
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Prior to the injection of water, the entire fluorination line was brought to a high
vacuum (< 1 ∗ 104E mbar) and the entire assembly was heated using a heat gun to 100150°C to volatilize and remove any trace moisture from the line. Heat tape was also used
but the convenience and speed of using a heat gun proved superior. Once the line was no
longer degassing, the primary water trap was isolated from the rest of the vacuum line by
closing valve #1 (Figure 3.1) and submerged half-way into a dewar of liquid nitrogen (N2).
1 micro liters (µL) of water standard was then injected through the septum. Injections were
made using Hamilton model 7101 1µL syringes (part number 86211). These syringes are
made with a trough-the-needle plunger, allowing the water sample to be transferred in its
entirety. The efficiency of the water sample transfer was further improved by allowing the
needle to remain in the injection port for approximately 30 seconds and heating the
injection port and the needle using a heat gun during this time. The glass construction of
the primary water trap made it possible to observe the freezing of the water when it was
first injected and the subsequent ablation of the ice as the injection port and needle were
heated. Once all the water ice was ablated from the needle and the surrounding glass the
needle was withdrawn.
During the initial experimentation with water injection, it was observed that some
of the water ice did not ablate entirely. In some cases, small crystals of water ice would
break off and fall to the bottom of the water trap. By isolating the primary water trap form
the rest of the vacuum line these potential aerosols were prevented from being mobilized
and removed from the trap. It was also observed that portions of the septum, dislodged by
the needle, occasionally fell into the primary water trap. These fragments in the primary
water trap had no negative effect on the process but their presence explains the erratic
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results of previous experiments in which the septum was placed behind a valve directly
over the reaction chamber. In that configuration parts of the septum were falling into the
reaction chamber and undergoing fluorination along with the water. For these reasons, it
was found that the use of an isolated U trap for initial water injection yielded the most
consistent results.

3.3.1.3 Water transport

Once the injection of the water sample was completed valve #2 (Figure 3.1) was
closed to isolate the reaction U trap from the rest of the vacuum line. The reaction U trap
was then submerged half-way into a dewar of liquid nitrogen. Valve #1 was then opened
and the liquid nitrogen dewar, used to freeze the primary water trap, was removed. The
primary water trap along with all the plumbing leading up to the reaction U trap was heated
to mobilize all the water into vapor so it could condense in the reaction U trap. The primary
water trap and the plumbing were heated for 2 minutes to reach a temperature of 100-150°C
using a heat gun. It was determined, using an all glass replica of the fluorination line (never
used with BrF5), that under vacuum and at the temperature gradient conditions described
above, a 2-minute transfer time was sufficient to move all the water into the reaction U trap
without fractionation. After the transfer of water into the reaction U trap the level of liquid
nitrogen was raised. This was done to insure complete freezing of any water that may have
condensed at or above the previous level of N2. Valve #2 was then opened allowing any
non-condensable gases (melting point >-195.8°C) to be vacuumed away. Using a Pheiffer
quadrupole mass spectrometer attached to the vacuum line it was determined that the non-
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Figure 3.1 Schematic view of the water injection, fluorination and oxygen purification line.

condensable gases observed in this step were nitrogen, oxygen and argon. Essentially, these
non-condensable gases were air that leaked through the septum during the injection. By
vacuuming away these non-condensable phases potential contribution to the sample from
atmospheric O2 was removed. The pure water sample, now held at a hard vacuum, was
then isolated from the rest of the line by closing both valves #1 and #2 (Figure 3.1).

3.3.1.4 Water Fluorination

Refer to figure 3.1 for the location of all components described in this section. To
@

insure complete fluorination of water by the reaction BrF5+H2OàBrF3+2HF+ O2 a
C
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stoichiometric excess of BrF5 was used. This excess was kept to approximately four time
the stoichiometric balance. BrF5 reagent was expanded into a known volume by opening
valve #3 and allowed to reach a predetermined pressure needed to provide the appropriate
amount of the reagent. Valve #3 was then closed and the measured amount of BrF5 was
condensed out of the volume into a U trap (Cold Trap #1) held at liquid nitrogen
temperature. Once the reagent was condensed, the entire volume was open to vacuum and
all the non-condensable gases were removed. It was found that prolonged storage of BrF5
in a Kel-F (Polychlorotrifluoroethylene) container allowed trace amounts of air to leak in
and form a head over the reagent. By purifying the reagent before every fluorination, the
trace contamination was reliably removed. Once the reagent was purified, the metering
volume was again isolated from the vacuum and the liquid nitrogen was removed from the
cold trap and the trap was heated to free the reagent. The reagent was then transferred into
the nickel reaction U trap of the fluorination line, which was still submerged in liquid
nitrogen from the water transfer procedure. This transfer was done by opening valve #2.
Prior to admitting BrF5 into the reaction U trap the level of liquid nitrogen was again raised
so that the reagent would condense above the previously frozen water. This averted the
possibility of the fluorination reaction starting before the reaction U trap was sealed. The
admittance of the reagent into the reaction chamber was done very quickly. Valve #2 was
opened for only about 5 seconds to allow most the reagent to be transferred. The remaining
reagent in the metering volume was removed as waste. With both valves #1 and #2 closed
securely the liquid nitrogen dewar was removed from the reaction U trap. The entire
reaction chamber assembly, including the valves, was continually heated for 4 minutes
using a heat gun. Care was taken to heat the reaction U trap uniformly to a temperature of
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approximately 300°C. The valves were kept at a temperature of about 150°C to prevent
any of the water sample or reagent from condensing there. It was determined from
experimentation as well as reports from previous researchers (O’Neal and Epstein, 1966)
that 4 minutes was the ideal time to facilitate the reaction. Allowing the reaction to proceed
longer had no benefit. Once the reaction was completed the reactants were expanded into
the previously mentioned metering volume. Remaining BrF5 along with produced BrF3 and
HF were condensed into a cold trap (Cold Trap #1) held at liquid nitrogen temperature and
later removed as waste. The produced O2 gas was further purified.

3.3.2 Oxygen purification

A schematic diagram of the oxygen purification line is included in figure 3.1. Refer
to figure 3.1 for the location of all components described in this section. The oxygen
purification line follows the design described by Sharp et al, (1996). To remove remaining
contaminants produced during fluorination, oxygen was expanded into another cold trap
held at liquid N2 temperature (into Cold Trap #2 by opening Valve #5) Then the remaining
gas was passed through a heated NaCl trap to neutralize any molecular Fluorine gas (F2)
potentially produced during the fluorination reaction. Since fluorine gas has a condensation
temperature lower than the temperature of liquid nitrogen it had to be captured by the
reaction 2NaCl(solid)+F2(gas)à2NaF(solid)+Cl2(gas). The Chlorine gas produced by this reaction
was collected in another cold trap (Cold Trap #3). The purified oxygen was then collected
in molecular sieve trap held at liquid nitrogen temperature (Silica Trap #1). The collection
time for oxygen in the molecular sieve trap varied depending on the size of the sample. For
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a 1µL injection the collection time was generally between 5 and 10 minutes. Once most
the oxygen was collected in the molecular sieve trap the trap was isolated from the rest of
the purification line by closing valve #9. The 4-way valve (#1) was then switched to allow
UHP (Ultra-High Purity) helium to flow through the molecular sieve trap (Silica Trap #1)
and into the GC (Gas Chromatograph) column. It is important to mention that prior to use
the UHP helium had to be further purified by passing through a molecular sieve trap held
at liquid nitrogen temperature (Not shown in Figure 3.1). 4-Way Valve #2 was also
switched to allow the UHP helium stream coming from the GC column to flow through the
second molecular sieve trap (Silica Trap #2). The second molecular sieve trap (Silica Trap
#2) was then submerged into liquid nitrogen so that any O2 transported in the helium stream
would become trapped. With the helium transport portion of the line correctly configured
the liquid nitrogen cooling the first molecular sieve trap (Silica Trap #1) was removed and
the trap was heated using a heat gun. The liberated O2 was transported by the helium stream
trough the 5 Å mol sieve GC column. The purpose of the GC column was to separate the
O2 from any potential NF3 contamination. Removal on NF3 form the sample was essential
because during ionization in the mass spectrometer NF3 can break down into NF and create
interference at atomic mass 33. Since accurate measurements of mass 33 were essential to
determining the δ17O of the sample any NF3 contamination had to be removed. To monitor
the movement of gas through the GC column a TCD (Thermal Conductivity Detector) was
installed inline following the GC column. By monitoring the output of the TCD the arrival
and passage of the O2 peak was observed. Once all the O2 gas had cleared the GC column
and passed through the second molecular sieve trap (Silica Trap #2), the second 4-way
valve (#2) was switched to isolate the collected O2 in the molecular sieve trap and to route
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the helium stream along with any NF3 to the vent port. The second molecular sieve trap
(Silica Trap #2) was held at liquid nitrogen temperature while the helium was pumped
away through the vacuum system of the mass spectrometer (through Valve #13). Once the
helium was pumped away the liquid nitrogen was removed from the second molecular
sieve trap (Silica Trap #2) and the trap was heated using a heat gun. The oxygen was then
admitted into the sample bellows of the dual inlet isotope ratio mass spectrometer.

3.3.3 Isotope ratio mass spectrometer configuration

All the oxygen isotope ratio measurements were made at the Center for Stable
Isotopes, University of New Mexico. Much of the preliminary measurements were done
using a ThermoFinnigan Delta Plus XL IRMS (Isotope Ratio Mass Spectrometer).
ThermoFinnigan MAT 253 IRMS was used to make the high precision isotopic
measurements for the VSMOW-SLAP calibration reported herein. No significant
variability was observed between the two instruments. Dual inlet configuration was used
on both machines to allow for multiple sample/reference comparisons. Fluorination of 1µL
of water provided large O2 samples making it possible to balance the sample and standard
at a high pressure allowing for high signal-to-noise ratio. For each of the high precession
measurements care was taken to balance both the pressure and the volume of the sample
and the reference. This approach reduced the signal amplitude mismatch during sequential
sample/reference comparisons and made it possible to run continually for >100 comparison
cycles with no analytical drift.
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3.3.4 Analytical precision considerations

To meet the accuracy requirements of this study the Δ17O isotopic ratio
measurements had to be made with a standard error of less than 0.005‰ (σ1). This was
accomplished by increasing the number of sample/reference comparisons for each analysis
and by increasing the integration time of each measurement. Using an integration time of
2 seconds the desired standard error was reached only after 450 sample/reference
comparisons (figure 3.2). By increasing the integration time to 20 seconds the number of
sample/reference comparisons needed to reach the target standard error was reduced to 25
cycles (figure 3.2). Δ17O values of VSMOW and SLAP reported herein where made with
these analytical considerations and exceed the minimum standard error requirement.
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Figure 3.2 Effect of integration time on the measurement standard error.
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The results of each multiple-cycle analytical run were also analyzed for
instrumental drift. This was done by calculating and plotting the running average of the
Δ17O values of each sample/reference comparison. The slope of the running average was
used to calculate the overall instrumental drift for each analysis. Due to careful setup
considerations (signal amplitude and gas volume matching) instrument drift was never a
major issue. All the analysis used to determine Δ17O values of VSMOW and SLAP
reported herein had running average slopes of less than 4*10-5. This was equivalent to a
maximum instrument drift of 0.004‰ during a 100 sample/reference cycle run. For most
of the analytical runs the drift was significantly less (about 0.0008‰ per 100 cycles).

3.4 Results

The raw measured δ17O and δ18O values, linearized δ’17O and δ’18O values and the
calculated Δ’17O values of each VSMOW and SLAP analysis are presented in Table 3.1.
Δ’17O values shown are calculated by equation Δ’17O=δ’17O-θ*δ’18O using a terrestrial
fractionation line slope (θ) of 0.528. Measurements of VSMOW have a standard deviation
of 0.1‰ (σ1) for δ’17O and of 0.2‰ (σ1) for δ’18O. The standard deviation of Δ’17O for
measurements of VSMOW is only 0.01‰ (σ1). Minute mass-dependent fractionation
effects during O2 extraction and preparation result in measurement deviations of δ’17O and
δ’18O. However, since this variability is caused by mass-dependent fractionation it has no
effect on the Δ’17O values. Thus, the standard deviation of Δ’17O is smaller than that of
δ’17O and δ’18O. Similarly, Δ’17O measurements of SLAP have a standard deviation of
only 0.01‰ (σ1). The standard deviation of δ’17O and δ’18O is higher for SLAP than it is
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Table 3.1 VSMOW and SLAP oxygen isotope analysis data.
VSMOW
Run #1
Run #2
Run #3
Run #4
Run #5
Run #6
STVDEV
Average

SLAP
Run #1
Run #2
Run #3
Run #4
Run #5
STVDEV
Average

17

18

17

18

17

δ O

δ O

δ' O

δ' O

Δ' O

-0.163
-0.012
0.002
-0.274
-0.033
-0.028
0.11
-0.085

-0.267
0.031
0.043
-0.457
-0.05
-0.036
0.20
-0.123

-0.163
-0.012
0.002
-0.274
-0.033
-0.028
0.11
-0.085

-0.267
0.031
0.043
-0.457
-0.050
-0.036
0.20
-0.123

-0.022
-0.028
-0.021
-0.033
-0.007
-0.009
0.01
-0.020

δ17O

δ18O

δ'17O

δ'18O

Δ'17O

-29.537
-29.262
-29.807
-29.964
-29.924
0.30
-29.699

-55.134
-54.634
-55.643
-55.950
-55.877
0.56
-55.448

-29.982
-29.699
-30.260
-30.422
-30.381
0.30
-30.149

-56.712
-56.183
-57.251
-57.576
-57.499
0.59
-57.044

-0.038
-0.034
-0.032
-0.022
-0.021
0.01
-0.029

for VSMOW. For SLAP the standard deviation of δ’17O and δ’18O is 0.3‰ (σ1) and 0.6‰
(σ1) respectively. δ’17O and δ’18O standard deviation of SLAP is greater than that of
VSMOW because SLAP is an extreme negative outlier (δ18O = -55.5) and memory effects
during analysis become more prominent. SLAP has a measured δ17O value of -29.7‰ and
a δ18O value of -55.5‰. Since the measured δ18O value of SLAP is exactly -55.5‰ no
stretch correction is needed for the VSMOW-SLAP scale. Note that the non-linearized
value of SLAP is used. Originally the VSMOW-SLAP scale was defined using nonlinearized values and here we adhere to that convention. However, linearized δ’17O and
δ’18O values are used in calculating Δ’17O of SLAP.

3.5 Discussion
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The average measured δ’17O, δ’18O and Δ’17O values of VSMOW and SLAP
provide a correction reference for all other samples. Since the average measured δ’17O and
δ’18O values of VSMOW and SLAP are within the standard deviation from the established
values no stretch/squeeze correction is required. The primary significance of the VSMOVSLAP correction is in its application to Δ’17O measurements. Using the measured Δ’17O
values of VSMOW and SLAP (-0.02‰ and -0.03‰ respectively) a correction factor was
established for all other Δ’17O measurements. The correction factor is the offset between
the line plotted by Δ’17OVSMOW and Δ’17OSLAP from the terrestrial fractionation line.
Mathematically the correction can be expressed as Δ’17O(corrected)= Δ’17O+(0.0002*δ’18O0.02). For most samples (δ18O=0‰ ±10‰) the application of this correction has the effect
of adding approximately 0.02‰ to the measured Δ’17O value. As we attempt to achieve
ever higher Δ’17O resolution, the significance of such a correction becomes more and more
crucial. VSMOW-SLAP calibration is ideal for determining such necessary lab-specific
corrections and for inter-laboratory standardization of triple oxygen isotopic
measurements.
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4. Distribution of Hydrous Minerals in Martian Shergottite Zagami
4.1 Abstract

Based on anomalously high concentration of mass 17 oxygen isotope, water
extracted from Martian meteorites is thought to be extraterrestrial. Martian meteorite
Zagami is the only Martian meteorite that has been subjected to multiple water oxygen
isotope analysis. Three separate oxygen isotope studies of the water extracted from this
meteorite have produced substantially different results. Thin sections of the meteorite were
studied using an ion microprobe to determine if the observed variability is caused by
heterogeneous distribution of hydrous minerals within the sample. Hydrous minerals
within Zagami were identified, mapped and their distribution was statistically analyzed.
Analysis show that hydrous minerals (primarily apatite) are in fact homogeneously
distributed within Zagami. According to the mineral distribution data, all the >2 gram
samples used for water oxygen isotope analysis were likely representative of bulk fine grain
normal Zagami lithology.
4.2 Introduction
All Martian meteorites have been found to contain water (mainly OH) in varying
amounts. The oxygen isotope compositions of these waters are distinctly extraterrestrial,
with elevated 17O concentration relative to Earth (Karlsson et al., 1992; Agee et al., 2013;
Ziegler et al., 2013). Based on this unique isotopic composition, the waters are believed to
be at least partially Martian in origin. The study of these waters can thus provide a unique
glimpse into the evolution of water on the planet Mars. At present, only two studies
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Karlsson et al., (1992) and Agee et al., (2013) have looked at the oxygen isotope
composition of water in Martian meteorites. These researchers have shown that the Δ17O
values of water extracted from Martian meteorites range from -0.2 ‰ up to 0.9‰.
However, bulk rock oxygen isotope analysis of Martian SNC (Shergottites, Naklites and
Chassignites) group meteorites show a tight grouping of Δ17O values at 0.3±0.1‰ (Clayton
and Mayeda, 1983; Franchi et al., 1999). This behavior shows that the waters extracted
from the samples are not in isotopic equilibrium (in terms of oxygen) with the bulk rock.
It has been proposed that the oxygen isotope disequilibrium is caused by the interaction of
the sample with isotopically different and distinct oxygen reservoirs on Mars such as the
mantle, crust, hydrosphere and possibly the atmosphere (Karlsson et al. 1992; Agee et al.,
2013; Ziegler et al., 2013). The reported Δ17O values are calculated using the equation
Δ17O’=δ17O’-θ*δ18O’ where θ is the slope of the terrestrial fractionation line. A kinetic
fractionation value of 0.52 is used for θ in the calculation because the water is extracted by
heating which is a kinetic process.
Because of the limited availability of Martian material and the low water content
of most samples (about 300ppm) no comprehensive work has yet been done on evaluating
the reproducibility of the Martian water Δ17O measurements. In fact, the only Martian
meteorite that has been analyzed more than once is Zagami. So far, three different masses
of Zagami have been analyzed for water oxygen isotope composition. Karlsson et al.,
(1992) analyzed two samples of Zagami, one 2.93g sample and one 3.43g sample. The
third 3.5g sample was analyzed as part of this study on the oxygen isotope composition of
water in Martian meteorites. Interestingly, one of the samples measured by Karlsson et al.,
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Figure 1. Zagami water data. Horizontal bars indicate the temperature range for each extraction
step and the thickness of the horizontal bars indicates the relative amount of water extracted for
that interval. The Bulk SNC area represents the range of Δ17O values measured from the bulk
silicate portion of SNC group meteorites.

(1992) produced substantially different results (Figure 4.1). Note that the water was
extracted using step-wise heating to differentiate between absorbed water and low/high
temperature mineral phases. It is not likely that the analytical method is the cause of the
problem. When the method is applied to terrestrial standards the reproducibility of Δ17O is
within 0.05‰ (σ1). It is possible that the observed difference in the oxygen isotopic
composition of waters extracted from Zagami is due to heterogeneity in the distribution of
water within the sample. The possible existence of heterogeneity in the distribution of
hydrous phases within Zagami is quite intriguing and is the focus of this work.
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The main mass of Zagami consists of several distinct lithologies. Most of the
sample is dominated by the fine to coarse-grained (0.24-0.36mm) basaltic lithology
referred to as normal Zagami (Stolper and McSween 1979). Zagami also includes a darkmottled-lithology which has been found to contain higher concentration of shock melt
(Marti et al. 1995) and a Fe-rich lithology which has been described as residual melt by
McCoy et al. 1993. This study will focus on the fine-grained normal Zagami lithology
because it is by far the most abundant.
The mineralogy of the fine-grained normal Zagami lithology consists primarily of
pyroxene and plagioclase that has been shocked to amorphous maskelynite (Easton and
Elliott, 1977). The lithology also contains amphibole (Treiman, 1985a), phosphates
(McCoy et al. 1992), sulfides (McCoy et al. 1999), oxides (Stolper and McSween, 1979)
and glass veins (McCoy et al. 1992). Amphibole and phosphates are the most important
mineral phases for this discussion since they are the only hydrous phases present in the
fine-grained normal Zagami lithology. Amphibole is reported to be present in Zagami melt
inclusions in the form of kaersutite ((Na)(Ca2)(Mg4Ti)(Si6Al2)(O22)(OH,F)2) and actinolite
((Ca2)(Fe5)(Si8)(O22)(OH,F)2) (Treiman, 1985a). Phosphates make up between 0.5 and 1.3
wt%

of

Zagami

and

occur

as

merrillite

(Ca9NaMg(PO4)7)

and

apatite

(Ca10(PO4)6(OH,F,Cl)2) (Wang et al. 1999; Shearer et al. 2015). The phosphate assemblage
in Zagami is dominated by merrillite. Apatite, which is the only phase relevant to OH
budget, is relatively rare (Shearer et al. 2015). Karlsson et al., (1992) reported the bulk H2O
content of Zagami to be 430 ppm. This value agrees with H2O concentrations reported for
other Martian shergottites. Based on available mineralogical data most of the 430 ppm H2O
budget of Zagami is likely stored in the minerals kaersutite, actinolite and apatite. Since
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these minerals have very distinct compositions it was possible to identify them and to map
their spatial distribution using an electron microprobe. This data was then used to conduct
statistical analysis of the distribution of the different hydrous minerals within Zagami and
to determine if the observed heterogeneity in the oxygen isotope composition of the water
extracted from different specimens of Zagami can be explained by the distribution of the
hydrous phases within bulk Zagami.

4.3 Methods

Six thin sections of Zagami from the University of New Mexico Institute of
Meteoritics collection were initially considered for this work. The thin sections were first
studied using a petrographic microscope to determine if any significant differences in
mineralogy or grain size existed between them. It was determined that no significant
differences existed between the six thin sections. Based on mineralogy and grain size it
was also determined that all six thin sections were representative of the fine-grained normal
Zagami lithology. The physical condition of the thin sections was considered and two thin
sections (998 and 1094), with the least surface damage, were finally chosen for microprobe
analysis. The carbon coat on the Zagami 998 thin section was beginning to degrade so the
thin section was re-polished to a 0.05-micron finish and carbon coated. Zagami thin section
1094 was in good condition and did not require any additional prep-work.
Microprobe analytical work on the thin sections was done using the JOEL 8200
electron probe at the Earth and Planetary Science department of the University of New
Mexico. Full thin section qualitative maps of elements Ca, Cl, F, P and Ti were made for
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both Zagami thin sections (998 and 1094). These elements were chosen to identify the
minerals of interest for this study (kaersutite, actinolite, merrillite and apatite). Thin section
889 was mapped using 10µm steps with a dwell time of 30mSec per step. The final
dimensions of the large-scale map of thin section 998 ended up being 8998x17996µm. Thin
section 1094 was also mapped using 10µm steps with a dwell time of 30mSec per step and
the final dimension of the map was 5266x10786µm. JOEL software was used to set the
mapping conditions for the initial qualitative mapping of the thin sections. The qualitative
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maps were then used to determine the relative distribution of the hydrous minerals in the
thin sections. Based on the qualitative data, four (two per thin section) areas of interest
(Figure 4.2) were identified based on elevated concentration of Fluorine and Chlorine
(characteristic of kaersutite, actinolite and apatite). The selected areas on Zagami thin
section 1094 were designated 1094 spot A and 1094 spot B. Selected areas on Zagami thin
section 998 were designated 998 spot A and 998 spot B. All four of the selected areas were
roughly 300x300 microns. The selected areas were then imaged using BSE (Back Scatter
Electrons). The BSE images were linked to the microprobe stage coordinates through
Probe for EPMA ImageSnap software to allow for more efficient sample navigation and
analytical automation. Once the BSE images were synchronized for stage navigation Probe
for EPMA software was used to create and automate multiple qualitative single-point
analysis of various mineral grains (Figures 4.3a-4.3d). This was done to accurately
determine the mineral chemistry of the phases in question. Measured X-ray spectra where
compared against known standards by the Probe for EPMA software to insure the accuracy
of the measurements. The following standards were used: 204 Albite Taylor std. 4, 210
Rutile Taylor std. 10, 214 Apatite-F (wiberforce) Taylor std. 14, 215 Diopside Taylor std.
2, 406 Sodalite std. 2, and 412 Almandine Oxygen std. 2. The average of 29 quantitative
single-spot analyses of multiple apatite grains in Zagami was used to determine the actual
chemical makeup of the grains. The measured values were normalized to the atomic
concentration of oxygen in apatite to calculate normalized abundance for the constituent
elements. The calculated normalized abundance was then used to determine the formula of
Zagami apatite. This data, along with measured concentrations of fluorine and chlorine,
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4.3a (A)

4.3b (B)

4.3c (C)
4.3d (D)

Figure 4.3a-4.3d. BSE images of 1094 spot A, B, C and D showing the distribution of mineral
grains and the location of quantitative single point analyses. Apatite grains are outlined in yellow.

was also used to determine the ratio of HO to F to Cl in the apatite (Ca10(PO4)6(HO,F,Cl)2).
Once the minerals in the assemblages were identified, the four areas of interest were
quantitatively mapped at higher magnification (Figures 4.4a-4.4d). These maps identified
the distribution of Ca, Cl, F, P and Mg in the areas of interest. Quantitative mapping was
done using JOEL software. The same set of standards was used for quantitative mapping
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4.4d
(D)

4.4b
(B)

4.4a
(A)
4.4c
(C)

Figure 4.4a-4.4d. Qualitative maps of 1094 spots A, B, C and D showing a BSE image of the area
and the distribution of Ca, Mg, F, P and Cl.
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as for the single point analysis except for 210 Rutile Taylor std. 10. 210 Rutile Taylor std.
10 was excluded from the quantitative analytical setup because Ti was not measured. 215
Diopside Taylor std. 2 was used as the standard for Mg analysis during quantitative
mapping.
Graphical data was exported using both the JOEL software and ImageJ software.
The numerical data from the single point analyses was exported to and analyzed using
Microsoft Excel. To determine the overall distribution of hydrous grains within Zagami the
qualitative maps were statistically analyzed using ImageJ software. The same statistical
approach was also used to study the quantitative maps but with the purpose of
understanding F and Cl zoning in the apatite grains. The numerical data was processed and
normalized using Microsoft Excel.

4.4 Results

Statistical analysis of mineral distribution in the qualitative maps of Zagami thin
sections is presented in table 4.1. Majority of the phosphate assemblage in both thin
sections is made up of anhydrous mineral merrillite. 0.17% of the area of the thin sections
is occupied by apatite (possibly containing OH). Of the apatite present, 0.11A% is Cl-rich
apatite while 0.06A% is F-rich apatite. No amphibole minerals were observed on the largescale qualitative maps of Zagami thin sections 998 and 1094. The mineral grains in the
samples showed uniform distribution. Typical fine-grain normal Zagami foliated texture
Table 2.4 Mineral composition of Zagami thin sections 998 and 1094 reported in area percent (A%)
Thin Section
998
1094

Pyroxene

Maskelynite
78.23
78.28

19
19.1
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Iron-titanium oxides
Phosphate minerals
1.27
1.5
1.12
1.5

produced by preferential orientation of pyroxene and maskelynite grains, originally
reported by Stolper and McSween 1979 and McCoy et al. 1992, was also observed in the
samples.
Based on data collected from single-point quantitative analysis a ratio of apatite
OH site occupancy in the F-rich portion was calculated to be OH0.122, F1.679, Cl0.199. This
indicates that OH sites in the F-rich apatite are occupied by 83.9% fluorine 6.1% OH and
10% chlorine. By combining the calculated percentage of OH in the F-rich apatite grains
and the distribution of F-rich apatite in Zagami, it was determined that F-rich apatite-bound
OH makes up 0.013 wt% of Zagami (130 ppm). By applying the same OH occupancy value
to the Cl-rich apatite portion in Zagami it was calculated that the Cl-rich portion could store
0.0238 wt% (238 ppm) OH. In total the apatite OH storage capacity in Zagami was
determined to be 0.0369 wt% (369 ppm).
Quantitative maps of F-rich apatite grains within 1094 spot A, 1094 spot B, 998
spot A and 998 spot B showed that F is not distributed evenly with in the grains (Figures
4a-4d). It appeared that in portions of the grains significant amounts of Cl are present. The
distribution of F and Cl did not show any systematic zoning behavior. In 1094 spot A
(Figure 4a) Cl was observed to be concentrated in linear features that appeared to be
fractures. However, the features did not follow any actual fractures observed in the BSE
image of 1094 spot A. In 998 spot A (Figure 4c) the apatite grain showed alternating bands
between the Cl-rich and F-rich zones arranged linearly across the grain.

4.5 Discussion
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Zagami thin sections analyzed in this study are conclusively typical of the finegrain normal Zagami lithology. The textural and mineralogical measurements are in good
agreement with Zagami literature data (Easton and Elliot, 1977; McCoy et al. 1992; McCoy
et al. 1999; Stolper and McSween, 1979). The amphibole minerals reported by Treiman,
1985a were likely not observed in this study due to their small size. Since the focus of this
study is the understanding of the broad distribution of large mineral grains in the sample,
it is not surprising that the smaller grains were not identified. This however, is not a
problem because, the reported amphibole grain account for a small portion of Zagami and
are not likely to have much impact on the total OH budget. The calculated 369 ppm OH
storage capacity of apatite in Zagami agrees with the 430 ppm value reported by Karlsson
et al., (1992) value of 430 ppm which includes the absorbed water and crystal defect OH
groups in addition to mineral bonded OH. For this reason, it is appropriate that their
reported value is higher than the storage capacity of apatite alone.
The fluorine/chlorine zoning observed in the apatite grains within Zagami is most
likely due to fractional crystallization. A study by Mccubbin et al. (2015) determined that
for a basaltic melt the mineral-melt partition coefficients (D values) for OH site elements
in apatite are DFAp.-melt = 4.4-19, DClAp.-melt = 1.1-5, DOHAp.-melt = 0.07-0.24. Since F has a
much higher partition coefficient than Cl and OH it is preferentially incorporated into the
apatite grain as the melt begins to crystalize. Once F is exhausted Cl becomes the dominant
element in the OH site of apatite grains. The apatite grains in Zagami are interstitial and
element partitioning occurs on a small scale within isolated pockets of grain boundary melt.
This produces the irregular zoning characteristics observed in Zagami apatite. Essentially,
the distribution of F and Cl follows the cooling history of each individual apatite grain. The
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partitioning of OH into the apatite remains relatively constant up to the point where Cl
occupancy in the apatite OH site reaches approximately 80% at which point the OH
partitioning drastically decreases until Cl is exhausted (McCubbin et al., 2016). Once Cl is
exhausted OH dominates the structure of the apatite until OH is no longer available and
merrillite (Ca9NaMg(PO4)7) becomes the dominant phosphate mineral (McCubbin et al.,
2016). This transition to merrillite is exactly what is observed in Zagami and indicates
complete removal of the volatile components OH, F and Cl from the melt. Since we see a
complete gradient from F-rich to Cl-rich apatite and a transition to merrillite, the removal
of volatiles from the melt is most likely due to their incorporation into the apatite. If most
the OH available in the melt is incorporated into the apatite grains of Zagami we should
expect a very uniform Martian mantle-like oxygen isotope composition from the OH
extracted from the sample.
The physical distribution of apatite grains within Zagami is very uniform, showing
no preferential grouping. Based on the statistical analysis of apatite grain distribution,
Zagami shows remarkable textural homogenate even on µm size scale. Therefore, it would
be unlikely that a 3g sample (used for H2O analysis) would contain any significant
heterogeneity in hydrous mineral distribution. However, due to the large sample size, it is
possible that an impact melt inclusion could have been overlooked during sample
preparation. If such an inclusion was present it could contain isotopically different water.
It is possible that one of the samples of Zagami measured by Karlsson et al., (1992)
contained Martian crustal/near-surface water component trapped in the shock melt during
the sample ejection event. The proposed elevated 17O concentration of Martian near surface
water (Karlsson et al., 1992; Romanek et al., 1994; Clayton and Mayeda, 1996; Farquhar
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et al., 1998; Franchi et al., 1999; Farquhar and Thiemens, 2000; Agee et al., 2013) could
explain the elevated Δ17O of the waters extracted from the outlier Zagami sample.
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